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organisms utilize Fe in its ferrous [Fe(II)] rather than ferric [Fe(III)]
form. However, under aerobic conditions, Fe(II) is rapidly oxidized to
Fe(Ill) and subsequently forms insoluble Fe(III) (hydr)oxides. There-
fore, the concentration of bioavailable Fe in most aqueous phase is
generally so low (a few nM) that Fe scarcity is frequently limiting
biological production in ecosystems (Martin and Fitzwater, 1988;
Kendall et al., 2012). Such Fe limitations are especially pronounced in
the surface of the oceans, for instance, affecting marine life forms such
as algae (Martin and Fitzwater, 1988; Rue and Bruland, 1997; Emerson
et al., 2012). Iron deficiency may also develop in terrestrial systems,
particularly at calcareous sites because Fe solubility and thus avail-
ability in these alkaline soils is extremely low (Chen and Barak, 1982).
Nevertheless, many terrestrial plants and microbes have developed
sophisticated strategies to enable the usage and metabolism of Fe
needed for their survival (Weber et al., 2006; Briat et al., 2007; Melton
et al., 2014).

The Fe cycle in terrestrial environment is not only driven by abiotic
chemical reactions, but also involves microbially mediated processes
(Weber et al., 2006; Melton et al., 2014). Iron is a redox-sensitive ele-
ment. Consequently, the cycling of Fe is largely related to reduction and
oxidation processes, and frequently coupled to the cycles of other ele-
ments such as carbon (C), nitrogen (N), phosphorus (P), sulfur (S), and
manganese (Mn) (Straub et al., 1996; Weber et al., 2006; Raiswell and
Canfield, 2012). Changes in the Fe cycle may thus be a sensitive in-
dicator of overall changes in the biogeochemistry of terrestrial and
aquatic ecosystems.

Primary rock minerals contain Fe in both reduced and oxidized
forms, such as siderite (FeCO3), magnetite (Fe30,4), and pyrite (FeS,), as
well as Fe-containing silicates like olivine or pyroxene. In addition to
the dominant oxidative chemical weathering under the influence of O,,
water and acids, the primary Fe(II) minerals can be accessed by litho-
trophic Fe(Il) oxidizing bacteria under both aerobic and anaerobic
conditions (Weber et al., 2006). Under anaerobic conditions, Fe(Il) is
used as a source of electrons by phototrophic bacteria in the present of
light to fix CO, or by nitrate-reducing Fe oxidizers with simultaneous
reduction of nitrates, and thus is closely linked with C and N cycles
(Weber et al., 2006; Hedrich et al., 2011). The Fe(III) species comprise
disordered ferrihydrite [(Fe®)505+0.5H,0], which ages to ferrimag-
netic ferrihydrite (Michel et al., 2010), and other amorphous or crys-
talline forms of Fe such as goethite [FeO(OH)], lepidocrocite [y-FeO
(OH)] or hematite [Fe,O3], as well as Fe-containing silicates (Raiswell
and Canfield, 2012). These minerals are strong adsorbents for anions,
and promote aggregate stabilization and the sequestration of soil or-
ganic carbon (Patrick Jr and Khalid, 1974; Stucki, 1988; Bowell, 1994;
Kiem and Kogel-Knabner, 2002; Peretyazhko and Sposito, 2005; Herbel
and Fendorf, 2006; Eusterhues et al., 2011). Therefore, Fe transfor-
mations and translocations are key processes in soil formation, parti-
cularly under acidic conditions with improved Fe solubility (van
Breemen and Buurman, 2002).

Several reduction processes reduce Fe(III) to Fe(II), thus closing the
Fe cycle of the ecosystem, unless there is an Fe export by plant uptake,
by riverbank or surface erosion, or simply by leaching. The latter pro-
cesses include water transport of aqueous Fe species and Fe-containing
nanoparticles (< 100nm) or colloids (< 1pum; Lead and Wilkinson,
2007; Raiswell and Canfield, 2012; Gottselig et al., 2014, 2017). These
processes can be schematized for soil-plant-freshwater systems as out-
lined in Fig. 1, and each of the indicated processes may summate a
range of specific biogeochemical reactions.

Biogeochemical processes often lead to Fe isotope fractionation,
leaving behind an Fe isotopic fingerprint on the compartments of the
systems (e.g., vegetation, topsoil, subsoil, parent rock, or different
water reservoirs, Fig. 1). Variations of these isotopic signatures poten-
tially permit the reconstruction of the dominating mechanisms in the
modern Fe cycle, as best shown in studies on ancient and modern
marine Fe cycle (Dauphas et al., 2017). However, whenever the origin
of Fe is intended to be traced using stable isotopes, a correct assignment

of Fe isotope data to the underlying environmental processes requires
that the different fractionation factors are known for all major path-
ways and pools of the Fe cycle in terrestrial ecosystems. Previous ex-
tensive reviews, such as by Anbar (2004), Johnson et al. (2004),
Dauphas and Rouxel (2006), Johnson et al. (2008) and Dauphas et al.
(2017), already provide us with great insights into fundamental and
state-of-the-art knowledge and methodology (see also SI1) in Fe isotope
systematics in cosmo- and terrestrial geochemistry. The present work
thus mainly focuses on the current knowledge on Fe isotopic signatures
of different compartments of terrestrial ecosystems (different soil or-
ders, higher plants and freshwater bodies). In addition, the main Fe
transformation processes that have to date been analyzed for changes in
Fe isotope compositions are outlined to illustrate Fe isotope variations
in above-mentioned ecosystem compartments.

2. Iron isotope fractionation processes

Naturally occurring Fe consists of four stable isotopes, >*Fe (abun-
dance 5.845%), °Fe (91.754%), *’Fe (2.119%) and of >®Fe (0.282%).
Natural variation of Fe isotope composition is mostly due to mass de-
pendent isotope fractionation, as a result of slight differences in effi-
ciency of these isotopes in participating in chemical reactions and/or
physical processes (Bigeleisen and Mayer, 1947; Schauble, 2004;
Vanhaecke and Degryse, 2012). These differences in efficiency are re-
lated to a slight difference in thermodynamics for each different isotope
(equilibrium effect) or in the rate at which the isotopes participate in a
process or reaction (kinetic effect) (Bigeleisen and Mayer, 1947;
Schauble, 2004; Vanhaecke and Degryse, 2012). Mass-independent
isotope fractionation might also occur in nature, though in rare cases,
such as during magnetite biomineralization by magnetotactic bacteria
as recently suggested from a laboratory experiment by Amor et al.
(2016, 2018).

Iron isotope composition in an unknown sample is commonly ex-
pressed as 8°°Fe (or sometimes §°’Fe) as the difference relative to the
Fe isotopic standard IRMM-014:

8°Fe = (C°Fe/* Fe)sumpie/ C°Fe/* Fe)mamr—ora — 1) X 1000 (%o).

To describe the extent of the mass fractionation as a result of a
process, the fractionation factor, or the a notation, is usually used:
ap_a = Rp/Ry
where R is the isotope ratio of °Fe/>*Fe or °"Fe/>Fe, and A and B can
either be the product and the substrate in a kinetically controlled pro-

cess or the two phases in an equilibrium process. The apparent differ-
ence between the isotope composition of B and A is described by:

A= 53 - 5A
and can often be converted to a using:
A =~ 1000 In ap—A

For mass-dependent isotope fractionation, the relation between the
fractionation factor a of the isotope ratio °°Fe/°*Fe and that of
57Fe/>*Fe can be described by the exponential law:

A6 /54 e = (a57Fe/54Fc)ﬁ

where the scaling factors 3 for kinetic and equilibrium fractionation,
respectively, are:

54 54
Biin = ln(g)/ln(g)

1 1 1 1
Pegun (54 56) 54 57
For mass-dependent isotope fractionation, 8§°’Fe of a sample is

about 1.5 times that of 8§°°Fe. Details on stable isotope fractionation
laws are provided by Wiederhold (2015), Dauphas and Schauble (2016)
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Fig. 1. Schematic view of main processes of Fe cycles in soil-plant-freshwater ecosystems. Iron isotope compositions of the ecosystem compartments that are
reviewed in this paper are given with the range of Fe isotope compositions (expressed as 8>°Fe values, relative to Fe isotopic standard IRMM-014, see Section 2) of
bulk soil, plant roots and aboveground tissues, and freshwaters including all particle size fractions, respectively. Due to limited isotopic data on freshwater sediments
and different extraction methods employed to produce these data, the Fe isotope composition of freshwater sediments is not given. Note that in each ecosystem
compartment, parts of the bioavailable Fe may be frequently cycled by biota, which is not explicitly illustrated in this figure.

and Dauphas et al. (2017). In the present review, we focus on mass-
dependent Fe isotope fractionation and report 8°°Fe values of soils,
plants and freshwaters, some of which are calculated from the §°Fe
values in the literature based on the above-mentioned scaling factor.

Some of the largest isotope fractionations of Fe (up to 3.0%o) occur
among changes between reduced and oxidized Fe forms (Johnson et al.,
2002; Anbar et al., 2005), where oxidized Fe species are usually en-
riched in heavy Fe isotopes relative to their reduced counterparts
(Johnson and Beard, 2006). While primary parent materials such as
igneous rocks or Fe-containing minerals can display Fe isotopic varia-
tions (Poitrasson and Freydier, 2005; Teng et al., 2008; also see review
article by Dauphas et al., 2017), pedogenic processes may further
fractionate Fe isotopes leading to differed Fe isotope composition of the
weathering products compared with their respective parent materials.
Dissolved Fe leached from soils and particulate Fe from mechanical
weathering, showing varied Fe isotope compositions between them-
selves, are important Fe inputs to water bodies and may implicate
changes in the Fe isotopic signature of the water. Depending on Fe
absorption pathway of the plant, as well as Fe availability in the growth
media, the uptake of Fe by plants can result in large Fe isotope frac-
tionation. The following sections summarize in detail the underlying
processes leading to Fe isotope fractionation.

2.1. General description

Rock weathering and pedogenic processes take place continuously,
leading to consecutive elemental transformation and translocation
within and from the soil and sediment into other environmental com-
partments. In the case of Fe, dissolution of primary and secondary Fe
minerals, transformation between Fe(II) and Fe(IIl), adsorption and
precipitation of Fe species, changes of Fe-binding ligands, uptake by
and translocation within plants, and microbial activities, are often ac-
companied by Fe isotope fractionation (e.g. Brantley et al., 2001, 2004;
Guelke and von Blanckenburg, 2007; Teutsch et al.,, 2005; von

Blanckenburg et al., 2009; Wiederhold et al., 2006). Iron isotope frac-
tionation can be due to either kinetic or equilibrium fractionation ef-
fects, or a combination of both (Beard and Johnson, 2004; Johnson
et al., 2004; Wiederhold et al., 2006).

In soil, Fe isotope fractionation is usually a result of several abiotic
and biotic processes. However, certain processes can be dominant in
specific soil profiles. For instance, in the absence of O,, reductive dis-
solution of minerals by dissimilatory Fe reducing (DIR) bacteria pre-
ferentially releases light Fe isotopes into soil solution. The dissolved Fe
(ID) can be isotopically lighter by up to ~3%o in §°°Fe than the reactive
Fe(Ill) on the mineral surface (e.g. hematite, goethite) determined
under laboratory conditions (Crosby et al., 2005; Wu et al., 2010). This
isotopically light Fe pool is easily leached, resulting in zonation in the
soil profile with different Fe concentrations as well as Fe isotope
compositions (Wiederhold et al., 2007b). It is worth noting that the
extent in Fe isotope fractionation in soil may differ from that obtained
in the laboratory studies due to differences in Fe pool sizes and studied
phases between the soil and the laboratory settings (Wiederhold et al.,
2007b). Nevertheless, both laboratory data and field studies have
identified a series of processes that result in Fe isotope variations.

Table 1 provides a comprehensive, yet possibly incomplete, over-
view of the processes that have been investigated so far, either by la-
boratory experiments or field studies, for their Fe isotope fractionation
potential. Although the processes in Table 1 are grouped into different
categories, many of them are interlinked. For instance, precipitation of
Fe(IIl) (hydr)oxides happens unavoidably after Fe(Il) is oxidized to Fe
(III). This precipitation is then followed by adsorption of aqueous Fe(II)
[Fe(I),q] onto these newly formed precipitates. Table 1 attempts to
present individual processes that lead to either significant or no ap-
parent Fe isotope fractionation. Biogeochemical processes that happen
in soil-plant and freshwater ecosystems are presented in Figs. 2 and 3,
respectively, revealing that many of these processes are interlinked,
thus making exact source assignment frequently difficult, especially as
identifying kinetically-controlled or equilibrium-controlled processes is
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Table 1 (continued)

Reference

10%ap A or A%®Fep A Remarks

(%o0)

Isotope fractionation

Process

Condition

Species B

Species A

e.g. Kiczka et al., 2010b;

see above, fractionation due to uptake must be referred to

plant available Fe in the growth media

no significant fractionation or —0.14 to +0.49

take up heavier Fe

Fe in plant root (strategy

1)

Guelke-Stelling and von
Blanckenburg, 2012

e.g. Kiczka et al., 2010b;
Guelke-Stelling and von
Blanckenburg, 2012

as 8°°Fe values relative to IRMM-014

—2.75 (strategy I leaf)
to +0.27 (strategy 11

leaf)

lighter in leaves and flowers

Fe in abovegound tissues

* It is important to note that the A°°Fey_ values (%o) of isotope fractionation in Table 1 between two Fe species A and B are either 1) those directly reported in the respective literature references wherever given, or 2)
reported in the references as 10%a,.5, or 3) calculated assuming A®®Fe » = 10%a,.5 when the reference only gave a, or 4) for plant uptake and translocation processes, the §°°Fe values of the plant tissues instead of

A®®Feg_, due to limited data on source Fe isotope composition (e.g. plant available Fe in growth medium). For kinetic isotope fractionation in some experiments, if the kinetic fractionation factor was not reported, then
A®Feg_, was calculated as §°°Feg, — §°°Fe,, without weighting/pooling and was given as a range of this A°Feg_, usually along the experiment time. The readers are strongly encouraged to refer to the original experiments

of individual studies to learn more about experiment conditions, isotope fractionation and the interpretation.

difficult in natural ecosystems.

In soil-plant systems (Fig. 2), it is not one individual process that
causes shifts in Fe species, but rather multiple chemical reactions and
cycling steps until Fe really leaves the soil or sediment system. There-
fore, the Fe isotope signatures in plants and groundwater rarely reflect
the Fe isotope fractionation caused by initial mineral dissolution
(Table 1, Fig. 1).

In contrast to the soil-plant system that is dominated by the role of
Fe(III) mineral phases as intermediate to Fe(Il) releases, Fe transfor-
mations in rivers and lakes show a much pronounced zonation of iso-
tope fractionation. The supply of oxygen in the epilimnion controls the
residence time of Fe(Il),q and thus the fate of overall Fe in the system.
In contrast, Fe(Il) cycling processes dominate in the hypolimnion and
are associated with sedimentary phases at low oxygen level (Fig. 3).

Spectroscopy data and ab-initio modelling show that Fe(Ill) com-
pounds are preferentially enriched in heavy Fe isotopes compared with
Fe(I)-bearing species, except for the Fe(Il) and Fe(Ill) hexacyano
complexes (Schauble et al., 2001). Aqueous ferrous Fe [Fe(Il),q] is
isotopically lighter than aqueous ferric Fe [Fe(IlI),q] and other Fe(III)
species, yet heavier than some (but not all) Fe(II) species such as
siderite (e.g. Polyakov, 1997; Schauble et al., 2001; Johnson et al.,
2002; Welch et al., 2003; Anbar et al., 2005). Aqueous Fe(II) is reported
to be isotopically lighter than Fe(II) sorbed on goethite (Beard et al.,
2010; Crosby et al., 2005, 2007; Icopini et al., 2004; Jiang et al., 2008).
The fractionation in this sorption process is more pronounced than
adsorption on hematite (Crosby et al., 2005, 2007), indicating that the
extent of Fe isotope fractionation during adsorption process depends on
the sorption substrate.

In addition, the direction and the extent of isotope fractionation
may change along the progression of a process. For instance, Fe(II)
sulfide (FeS) precipitated from Fe(Il),q is isotopically lighter than Fe
(ID)q at the beginning of the precipitation. Along with the precipitation
process, FeS becomes isotopically heavier and at equilibrium FeS is
heavier than Fe(I),q (Butler et al., 2005; Wu et al., 2012a). The tem-
poral changes of the Fe isotope composition of the precipitates reflect
isotopic re-equilibration due to the aggregation of precipitated particles
after an initial kinetic isotope fractionation during rapid FeS pre-
cipitation. As a result, different Fe minerals exhibit different Fe isotopic
signatures owing to various Fe sources, the formation processes, as well
as likely to mineral age and thus crystallinity.

For Fe minerals, the general trend with respect to their isotope
composition is (from isotopically light to heavy): pyrite (with a wide
range of 8°°Fe, Guilbaud et al., 2011a), ankerite, siderite, mackinawite,
magnetite, [Fe(Il)-organic ligands,] poorly crystalline Fe oxides, goe-
thite, hematite, and Fe in silicate minerals (Johnson et al., 2003).
Particle size of the Fe minerals may have an effect on the proportions of
Fe species in the system and isotope fractionation in processes that take
place at the mineral surface, such as in sorption and dissolution (Beard
et al.,, 2010). An equilibrium experiment by Beard et al. (2010) de-
monstrated that the proportion of mineral surface Fe(III) was negatively
related to particle size of the mineral (e.g. goethite), where the isotope
fractionation between Fe(I),q and surface Fe(IIl) was very high. The
authors therefore assumed that the isotope composition of natural
(water) systems could be significantly influenced by nanoparticulate Fe
minerals in the system (Beard et al., 2010).

2.2. Redox transformations

An apparent pathway in which Fe isotope fractionation is expected
to occur is redox transformation. In the presence of oxygen, the oxi-
dation process leaves a solution enriched in light Fe isotopes, while
heavier Fe(IIl),q is rapidly precipitated as ferrihydrite (Table 1). The
overall fractionation at equilibrium of this process shows that the iso-
topic signature of the ferrihydrite is about 1%o heavier than the Fe(II) in
solution, as a result of the combination of Fe(Il),q-Fe(Il),q equilibrium
fractionation (~3%o) and a kinetic isotope effect favoring light Fe




4
Veg,

-

g c
5| 2
=) ©
3|5 g
o o=
8l 2

£
Tl 4 ©

- -

7 Fe(lll)- OM il‘
complexes

Fe(lll) = (hydr)
oxides

Fe(lll) - (hydr)oxides

PLANT

FRESH
WATER

runoff / erosion
—

labile Fe(lll) — (hydr)oxides

stable Fe(lll) — (hydr)oxides

Fig. 2. Iron phases and possible transformation processes in soil-plant systems. Square boxes represent solid phases, while oval boxes represent dissolved species.
Processes are grouped according to oxic/anoxic conditions, the latter being arranged from top to bottom with the red box encompassing the oxic conditions, the blue
box the anoxic conditions and their overlap representing alternating (poikiloaerobic) conditions. We would like to point out at that although this is a logical
progression of oxic conditions in soils, subsoils are not generally anoxic and the dominant Fe species throughout most soil profiles is Fe(III). The reader is hence
cautioned not to equate this arrangement of conditions with soil depth. The figure is not complete in terms of all biotic processes that accompany many of the

transformation reactions.

isotopes to precipitate as ferrihydrite from Fe(Ill),q (Anbar et al., 2005;
Bullen et al., 2001; Dauphas and Rouxel, 2006; Johnson et al., 2002;
Welch et al., 2003). Skulan et al. (2002) found a correlation between Fe
isotopic fractionation and the rate of precipitation, indicating a kinetic
isotope effect during precipitation. In addition, Fe(Il),q can be adsorbed
on the surface of the newly formed Fe(Ill) (hydr)oxides, which also
favors heavy Fe isotopes, thus producing an isotopically very light Fe
(II) in solution (Icopini et al., 2004; Teutsch et al., 2005). The isotope
fractionation (~ — 0.5%o) between Fe(II),q and sorbed Fe(II) is similar
under abiotic and biotic condition and relatively constant in different
experimental settings (e.g. different pH, with or without soluble Si;
Crosby et al., 2007; Wu et al., 2009; Wu et al., 2010). Jang et al. (2008)
additionally identified an Fe(II) pool that was incorporated into the
structure of goethite during adsorption of Fe(Il),q due to electron
transfer from sorbed Fe(Il) to structural Fe(III) of goethite driven by
equilibrium isotope effect between Fe(II) and Fe(III). When oxygen is
absent, Fe(II) can be transformed via anaerobic photoautotrophic Fe(II)
oxidation. This oxidation process also favors heavy Fe isotopes leaving
relatively light Fe(Il),q compared with the precipitated poorly crystal-
line ferrihydrite (Croal et al., 2004). A recent study showed that UV
photo-oxidation of Fe(Il) at a pH of 7.3 resulted in Fe isotope fractio-
nation between the precipitated Fe(IlI)-bearing lepidocrocite and Fe
(ID,q with a fractionation factor for *°Fe/>*Fe of +1.2%o (Nie et al.,
2017).

In terrestrial systems microorganisms play an important role in Fe

redox transformation either utilizing the energy produced during oxi-
dation by Fe-oxidizing bacteria (known as FeOB, Emerson et al., 2010)
or using Fe(III) as terminal electron acceptor during Fe(III) reduction by
DIR bacteria (Lovley et al., 2004). The processes mediated by these two
types of bacteria including those of nitrate-reducing Fe(II) oxidizing
bacteria have been shown to induce Fe isotope fractionation (e.g.
Crosby et al., 2005, 2007; Croal et al., 2004; Kappler et al., 2010;
Swanner et al., 2015). Both inorganic and microbially mediated redox
transformations between Fe(II) and Fe(III) show a preferential removal
of heavy Fe isotope from the solution. The fractionation extent in both
cases is also similar, on the order of 1 to 2%o in 8°°Fe, which have been
observed both in lab experiments (Beard et al., 1999; Bullen et al.,
2001; Johnson et al., 2004; Wu et al., 2011) and in field studies (Rouxel
et al., 2018). For further insights on Fe isotope fractionation in redox
transformations, we kindly refer the readers to the excellent reviews by
Johnson et al. (2004), Anbar (2004) and Dauphas and Rouxel (2006).

2.3. Dissolution of iron minerals

Pedogenic processes involve the dissolution of Fe minerals, which
can generate soluble mobile Fe(Il) in the soil that can be transported by
diffusive and advective processes until it is oxidized and subsequently
reprecipitated as secondary Fe(IlI) (hydr)oxides (Wiederhold et al.,
2006). Minerals containing Fe(II) can on the other hand undergo oxi-
dative dissolution and release Fe(IlI)-containing leachates. It is worth
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noting that only the mineral surface is actively dissolved (Wiederhold,
2015). Dissolution is governed by thermodynamic and kinetic con-
straints at the solid-solution interface (Stumm, 1992). This means that
the kinetic fractionation effect is to some extent limited. When the light
Fe isotope is preferentially released first, the newly-formed isotopically
heavier mineral surface will sooner or later be dissolved and therewith
enable the dissolution to continue, finally leading to a steady-state
condition under which the extent of kinetic fractionation is limited
(Wiederhold, 2015). However, kinetic fractionation effects can persist
during long-term weathering in field systems and dominate Fe isotope
fractionation in young weathering environments (Kiczka et al., 2011).
Four major dissolution mechanisms of Fe minerals (proton-promoted,
ligand-controlled, reductive and oxidative dissolution) have been de-
monstrated in laboratory experiments showing distinct isotope frac-
tionation effects (Table 1).

2.3.1. Reductive dissolution of iron minerals

Reductive dissolution of Fe minerals is largely studied with the
presence of DIR bacteria. The Fe(II),q is commonly depleted in heavy Fe
isotopes compared to the substrate where it is dissolved from (Table 1).
The 8°°Fe value difference between Fe(I)oq and the reactive surface of
Fe(II) minerals can vary by about —3%o (Crosby et al., 2007; Table 1).
This fractionation can remain constant over a long period and is in-
dependent of the Fe mineral substrate (e.g. hematite or goethite), in-
dicating a common mechanism for Fe isotope fractionation during DIR
of different substrates (Crosby et al., 2007). The dissolved Fe(II),q can
be partially resorbed onto the Fe mineral surface, subsequently un-
dergoes interfacial electron transfer to Fe(III) in Fe (hydr)oxides and Fe
(ID)-Fe(II) atom exchange, producing a reactive layer of Fe(Ill) at the
mineral surface (Crosby et al., 2007). This leads to changing propor-
tions of Fe species within the system, which in turn results in variations

of the absolute 8 values for Fe(II),q, especially at the early stage of the
reduction process. However, the fractionation between Fe(Il),q and Fe
(III) on the reactive surface is identical within error to the equilibrium
fractionation between Fe(II),q and ferric oxide in abiological systems at
room temperatures (Crosby et al., 2007). This was later confirmed by
examination of Fe isotope fractionation (~ —3%o) between Fe(II),q and
Fe(IIl) on the reactive surface of hematite which is independent of
isotopic fractionations among other phases present in the system (Wu
et al., 2010).

Reductive dissolution of ferrihydrite by DIR bacteria results not only
in Fe(Il),q but also in biogenic Fe oxides and carbonates, such as
magnetite and siderite, through reprecipitation or reaction with anions.
The isotope fractionation between Fe(Il),q and ferrihydrite and related
biogenic products is a function of Fe(IIl) reduction rates and pathways
by which the biogenic minerals are formed (Table 1, Johnson et al.,
2005). At high reduction rates, Fe(II)q is significantly lighter in isotope
composition than ferrihydrite, reflecting a kinetic fractionation effect
that is related not only to dissolution, but also to fast sorption of Fe(II)
to the ferrihydrite surface. The 8°°Fe values of Fe(Il),q can vary by
—1.3%0 compared with that of ferrihydrite, while the difference in
8%°Fe between Fe(I),q and biogenic Fe species reduced from ferrihy-
drite is variable during slow dissolution (Johnson et al., 2005). At
equilibrium, Fe(II),q can be enriched or depleted in light Fe isotopes or
it might not show any significant fractionation from the biogenic Fe
species (Johnson et al., 2005), which is in line with the predictions
based on spectroscopy data (Polyakov, 1997; Polyakov and Mineev,
2000; Schauble et al., 2001) or observed natural isotopic variations of
respective Fe minerals (Johnson et al., 2003).

2.3.2. Proton-promoted dissolution of iron minerals
Proton-promoted dissolution is due to the reaction of H with O and




hydroxyl groups (OH) at the mineral surface, which promotes Fe release
from the mineral surface into solution (Cornell and Schwertmann,
2003). Under very acidic soil conditions, proton-promoted dissolution
may play an important role in Fe mobilization, while under cir-
cumneutral pH conditions this dissolution mechanism cannot take place
effectively, and thus its role in Fe mobilization is insignificant. Never-
theless, laboratory data indicate distinct isotope effects during proton-
promoted dissolution that are related to the Fe oxide mineral form
(Table 1). Proton-promoted dissolution of goethite (Wiederhold et al.,
2006) and hematite (Skulan et al., 2002; Johnson et al., 2004) do not
fractionate Fe isotopes, even when the dissolution is incomplete.
However, proton-promoted dissolution of biotite and chlorite shows a
preferential release of light Fe isotopes into solution by up to —1.4%o in
8%°Fe compared with the bulk phyllosilicates, although the fractiona-
tion is less pronounced at the later stage of the dissolution (Kiczka et al.,
2010a). Chapman et al. (2009) hypothesized that the dissolution pro-
cess of biotite occurred in two steps: an alteration of biotite to chlorite
followed by dissolution of chlorite. Such effects have to be considered
when choosing a proper extraction agent for soil Fe pool analysis to
avoid attacking an undesired Fe pool and maximize discretization of Fe
pools (see Section 3.3; Guelke et al., 2010; Kiczka et al., 2011).

2.3.3. Ligand-controlled dissolution of iron minerals

Organic matter is an important C pool in soils and plays a significant
role in nutrient cycling and water retention. Organic ligands in soils
such as siderophores and low molecular weight organic acids are re-
ported to participate in mineral dissolution (Brantley et al., 2001, 2004;
Wiederhold et al., 2006) and in Fe uptake by plant roots (Takagi et al.,
1984; Curie et al., 2001; Schaaf et al., 2004). Experimentally, the dis-
solution of Fe-bearing minerals (e.g. hornblende, goethite) by organic
ligands (e.g. siderophores, oxalic acid) results in significant Fe isotope
fractionation (Table 1, Brantley et al., 2001, 2004; Wiederhold et al.,
2006; Chapman et al., 2009; Kiczka et al., 2010). The extent of this
isotope fractionation is a function of the binding strength of the ligands
(Brantley et al., 2004). Stronger Fe-binding chelates preferentially ex-
tract lighter Fe isotopes (Brantley et al., 2001, 2004).

Abiotic and biotic ligand-controlled dissolution of Fe minerals can
lead to considerably different isotope fractionation effects (Table 1).
Brantley et al. (2004) found that when goethite was dissolved by
siderophores in the presence of bacteria, lighter Fe isotopes were pre-
ferentially dissolved, while no significant fractionation was observed
without the mediation of bacteria. The authors explained that in the
system with the presence of bacteria, oxygen became depleted due to
the bacterial respiration, and thus Fe(IIl),q was reduced. The equili-
bration between Fe(Il),q and Fe(Ill),q created a pool of isotopically
heavy Fe(III) that was assimilated by bacterial cells (Brantley et al.,
2004).

During the ligand-controlled dissolution of goethite by oxalic acid in
the dark, Wiederhold et al. (2006), Chapmen et al. (2009), and Kiczka
et al. (2010a) all found that light Fe isotopes were preferentially re-
leased due to the kinetic isotope effect at the beginning of the dis-
solution, and thus the solution became lighter compared with the dis-
solving mineral (Table 1). At later stages the solution became enriched
in heavier Fe isotopes, which was attributed to dissolution of a pro-
gressively heavier goethite surface resulting in an increasing release of
heavier Fe isotopes (Wiederhold et al., 2006). Similar Fe isotope frac-
tionation was also found during the reductive dissolution of goethite by
oxalic acid in the presence of light via a photochemical reductive me-
chanism at a speed considerably higher than that of ligand-controlled
dissolution (Wiederhold et al., 2006).

2.3.4. Oxidative dissolution of iron minerals

During abiotic oxidative leaching of iron-sulfide-bearing rocks (rich
in pyrite, chalcopyrite, and sphalerite) under strongly acidic conditions
(pH = 2), the isotope fractionation at the initial stage was found to be
towards the accumulation of heavy Fe isotopes in the leachates, leaving

behind a relatively light rock surface (Table 1, Fernandez and Borrok,
2009). As the leaching experiments progressed, the leachate became
lighter until it reached the isotope composition of the rocks (Fernandez
and Borrok, 2009). This phenomenon was explained by fractionation
either through incongruent dissolution and/or through the dissolution
of an already isotopically heterogeneous mineral or rock (Fernandez
and Borrok, 2009). Interestingly, when the leaching was performed at
pH = 5, the released Fe was consistently isotopically lighter than Fe in
the rocks, which was due to the precipitation of Fe(III) (hydr)oxides at
this pH (Table 1, Fernandez and Borrok, 2009).

2.4. Plant uptake and redistribution

As growing media for numerous species of plants on Earth, soils
provide various mineral nutrients for plants' development. Plants have
on the other hand evolved metabolic strategies to utilize the nutrients
for their biological functions. The nutrient flows starting from the soil
via the roots to aboveground shoots are continuously accompanied with
transformation and redistribution of the elements. These processes
consist of various linked series of chemical reactions catalyzed by en-
zymes, including reduction and oxidation, complexation and complex
break-down, which have the potential to fractionate an element's iso-
topes. Plant tissues exhibit distinct Fe isotope compositions from the
soil in which they grow (e.g. Guelke and von Blanckenburg, 2007; von
Blanckenburg et al., 2009; Kiczka et al., 2010b). Iron isotope fractio-
nation in plants depends not only on the metal uptake strategy of the
plant but also on Fe availability in the growth substrate (Kiczka et al.,
2010b; Guelke-Stelling and von Blanckenburg, 2012). Within the plant,
Fe can be further fractionated showing more negative §°Fe values in
leaves and flowers than in the roots (Kiczka et al., 2010b). Apart from
higher plants, a recent study showed that uptake of Fe(II) by phyto-
plankton can also produce significant Fe isotope fractionation and that
this fractionation is also dependent on growth media and intracellular
Fe contents (Sun and Wang, 2018). We will explain the detailed Fe
isotope composition in plants in Section 4.

2.5. Perspectives for Fe source assignment on the basis of §°°Fe values

As shown in Figs. 2 and 3, multiple processes are involved in the
release, transformation and translocation of Fe in soil-plant-freshwater
systems, and, as indicated in Table 1, all of these processes exhibit
different but overlapping extents of Fe isotope fractionation. Due to the
relatively low number of studies in determination of fractionation fac-
tors for certain reactions and large variations in experimental condi-
tions among the different studies, the true mean values of fractionation
factors are still unconfirmed. Nevertheless, it appears that all reactions
involved in the transformation to or immobilization as Fe(III) tend to
shift the 8°°Fe values of the resulting product in a positive direction,
whereas all processes related to a transformation to or dissolution of Fe
(II) forms result in a product depleted in heavy Fe isotopes (Fig. 4). In
this regard, Fe leaving a system can potentially be isotopically lighter
than Fe remaining in the system.

Many plants also preferentially take up light Fe isotopes, indicating
that losses and removal of plant biomass with harvest will result in the
soils becoming depleted in light Fe isotopes. A clear obstacle in re-
constructing Fe sources from isotope values occurs when Fe is not
leaving a system as Fe(II) or in dissolved form, but as Fe nanoparticles,
as recently shown by Gottselig et al. (2017). In this case, heavy Fe
isotopes might also be lost from the system. A promising strategy to
reconstruct the Fe cycle from remaining Fe isotopic signatures of dif-
ferent Fe pools in the system and known fractionation factors of the
involved processes can benefit from reliable modelling of Fe loss
pathways and speciation changes. However, one should bear in mind
that pool sizes of the lost Fe and that remaining in the system may be
significantly different, often leading to unremarkable variation in Fe
isotope composition of the system. Therefore, one should always
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identify and interpret Fe isotope composition of one pool relative to
another corresponding pool in the system. For instance, Fe isotope
composition of plants should be interpreted relative to the plant
available Fe pool in soil rather than the bulk Fe pool. Additionally, a
main remaining challenge is the correct assignment of, usually mass-
dependent, Fe fractionation factors to specific kinetic and equilibrium
fractionation processes which are frequently hard to identify in natural
systems.

3. Iron isotope fractionation in soils

The Fe isotope composition of bulk soils largely reflects that of the
original parent material, altered by the impact of Fe isotope fractio-
nation processes that occur with Fe transformation, redistribution
within and/or losses from a soil profile and among the different diag-
nostic soil horizons. Though parent material vary in Fe isotope com-
position (e.g. Poitrasson and Freydier, 2005; Teng et al., 2008), most
igneous rocks from the continental crust have limited Fe isotope var-
iation (Poitrasson, 2006), referred by many studies as continental crust
mean with 8°°Fe around 0.07%o (Poitrasson, 2006) or around 0.09%o
(Beard et al., 2003). These two §°°Fe values are identical within error,
so we choose ~0.07%o as the continental crust mean in the following
sections. Details on the scale of Fe isotope fractionation in parent ma-
terials can be found in the papers of e.g. Rouxel et al. (2003) and
Dauphas et al. (2017). Upon weathering and related pedogenic pro-
cesses, such as eluviation of clay minerals with different particle sizes,
formation and translocation of secondary Fe oxide minerals, or re-
doximorphosis, the spatial heterogeneity of Fe isotope composition in
soil can increase. Once Fe is withdrawn from or added to a system, Fe
isotope composition of the residue may be altered and become diag-
nostic for the degree and rates of Fe cycling within soil profiles, as well
as in the related water catchments and soil-plant systems.

3.1. Iron isotope fractionation in soil profiles

Compared with laboratory experiments (Table 1), Fe isotopic stu-
dies of whole soils are still limited. To date only around 20 research
papers have been published targeting soil profiles to identify Fe isotope
compositions in terrestrial ecosystems. Moreover, most of these studies
focus on forested or glacial soils, with the purposes to either unravel the
geological development of the soils or to investigate specific pedogenic
processes, which require such studies to take place in preferably pris-
tine environments. Impacts of human agricultural activities on Fe cy-
cling and related isotope fractionation processes have so far received
very little attention. Only recently, a paddy soil (Anthrosol) irrigated
with arsenic-enriched groundwater was studied with respect to Fe

isotope fractionation in the soil-water-rice system (Garnier et al., 2017)
and two paddy chronosequences in China were studied by using Fe
isotope composition as a tool to investigate Fe transfer and redistribu-
tion caused by anthropedogenesis (Huang et al., 2018a, 2018Db).

3.1.1. Major reference soil groups [according to IUSS (2014) classification]

During pedogenesis soils can develop a relatively wide range of Fe
isotope compositions compared with their parent rocks. Compiling the
Fe isotope data from different studies reveals that soils of different
pedogenesis vary in their Fe isotope composition (Fig. 5, Figs. SI2).
Within a given soil profile, the maximum change of §°°Fe values is
about 1%o for the bulk soil (Fig. 5), which is much less than the full
extent of the variations reported in the laboratory experiments for
different processes involved in terrestrial Fe cycling (Table 1). This is
due to the fact that Fe pool sizes in a natural ecosystem are different
from those in laboratory settings. Furthermore, kinetically controlled
processes may prevail in natural ecosystems, so that equilibrium may
not be reached (Kiczka et al., 2011).

Fig. 5 also highlights that not all of the soils display a vertical Fe
redistribution and variations of Fe isotope composition. In general,
three main characteristic Fe isotope signatures can so far be ascribed to
soils: 1) an enrichment of heavy Fe isotopes in the subsoil, with lower
8%Fe values in the surface soils (Andosols, Acrisols), 2) a depletion of
light Fe isotopes in the mineral surface soils (Albeluvisols, Gleysols,
Podzols), and 3) no pronounced alteration of 85%Fe values with soil
depth (Cambisols, Ferralsol).

The lowest 8°°Fe value (—0.52%o, recalculated relative to IRMM-
014) of bulk soil in all studied soil profiles was reported in the surface E
horizon of an Acrisol (deeply weathered, oxic soil; Fantle and DePaolo,
2004). This Acrisol showed notable differences between the shallow
organic-rich and the deeper mineral horizons, where Fe in the organic-
rich horizon was significantly isotopically lighter than in the mineral
horizons of the profile, likely because plants took up isotopically light
Fe from the soil (Table 1) and returned it as above- and belowground
litter input to the surface horizons.

The Andosols studied by Thompson et al. (2007) also exhibited
lower 8°°Fe values (~ +0.04%o) in the surface soils relative to the
deeper soil horizons, while the highest 8°6Fe value (+0.72%0) was
found in the B horizon (Fig. 5). These Andosols experienced annual
precipitations ranging from 2200 mm to 4200 mm, which led to in-
creased loss of Fe from the soil profiles due to the enhanced anoxic
conditions, leaving heavier Fe isotope compositions in the soil profiles
that were directly related to the weathering intensity. In contrast,
Ferralsols, which are also deeply weathered tropic/subtropic soils with
diffused horizon boundaries and enrichment of Fe oxides, show vir-
tually no vertical Fe isotope fractionation (+0.10 to +0.12%o, Huang
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et al., 2018b). This reflects the in-situ formation of Fe oxide minerals
and a lack of pronounced eluviation processes.

In boreal climate settings, Andosols developed in Iceland showed
variable weathering degrees and Fe isotope composition. Limited 8>°Fe
variations (0.09 *+ 0.08%o) were found for Icelandic Haplic Andosol
and Gleyic Andosol with low weathering degree, reflecting the Fe iso-
tope signature of the parent basalt. A Histic Andosol in wetland areas

with a higher degree of weathering, however, had isotopically heavier
Fe at the surface and lighter Fe than the parent basalt below 25cm
depth (Opfergelt et al., 2017). This was attributed to preferential re-
lease of light Fe(II) isotopes under poorly drained, i.e., anoxic condi-
tions, followed by quantitative precipitation of Fe oxides during fluc-
tuating oxic conditions as a result of seasonal freeze-thaw cycles. The
organic-rich Histosol profile in wetland areas exhibited heavier Fe




isotope composition than the parent basalt, suggesting losses of light Fe
isotopes due to reductive dissolution of Fe minerals (Opfergelt et al.,
2017). In addition, high contents of organic matter might as well con-
tribute to the Fe isotope variability in the profile.

Albeluvisols are also affected by leaching processes, though to a
lower degree than the much older Acrisols or the Andosols receiving
much larger amounts of rain. A seasonally water-logged Albeluvisol
showed enhanced Fe dissolution and remobilization in both surface and
subsurface horizons, leaving the residual soil with decreased Fe con-
centration and enriched heavy Fe isotopes due to preferential removal
of light Fe isotopes (Fekiacova et al., 2013).

The genesis of Gleysols is driven by ground-water induced re-
doximorphosis. For Gleysols, several studies showed that Fe in the
mineral B horizon is considerably isotopically lighter than Fe in the A
horizon (Wiederhold et al., 2007a; Mansfeldt et al., 2012; Fekiacova
et al., 2013; Akerman et al., 2014). Notably, the authors of these studies
offered different interpretations for the isotopic variations between
surface and deep horizons. Fekiacova et al. (2013) explained the 8°Fe
in the B/C horizon of the Gleysol as a reflection of its parent material
due to the presence of large amounts of Si-bound Fe. Mansfeldt et al.
(2012), in contrast, attributed the high 8>°Fe values in the topsoil pri-
marily to fast ferrihydrite precipitation during aeration immediately
after reducing condition which favored heavy Fe isotope to precipitate,
while the low §°°Fe values of the Fe-rich horizons (Bg, CrBg) were due
to adsorption of dissolved Fe(II) with a light isotope composition onto
goethite during capillary rise of the groundwater. The elevated §°°Fe of
the Fe-poor subsoil (2Cr) were attributed to silicate-bound Fe rather
than to dissolution and precipitation of Fe oxides.

In a successive study, Schuth and Mansfeldt (2016) extracted soil
solutions from this Gleysol profile and found that both Fe concentration
and Fe isotope composition of the dissolved Fe (< 0.45um) strongly
varied with the abundance of the soil Fe oxides. In the horizon where Fe
oxides were abundant (CrBg), the dissolved Fe was low in amount and
exhibited a very low §°°Fe value (— 1.7%o), in agreement with the soil
data showing adsorption and atom exchange between dissolved Fe(II)
and Fe oxides (Schuth and Mansfeldt, 2016). Schuth et al. (2015) used a
laboratory experimental design with variable redox potentials to de-
monstrate that vertical movement of a low-8 solution from the topsoil
might result with time in the formation of subsoils with § values also
lower than those of the original topsoil after repeated Ej cycles as
common in Gleysols. Rising groundwater levels therewith affect the
isotope composition of both aqueous Fe and Fe in soil (Schuth and
Mansfeldt, 2016). Such a relation between Fe isotope variation and
pronounced redoximorphic features due to water logging can also be
observed in Stagnic Cambisols, which exhibit Fe zonation with §°°Fe
values at the Fe-depleted zones being higher than those at the Fe-en-
riched zones (Wiederhold et al., 2007a).

Flooding can also lead to variations of Fe concentrations and isotope
compositions in soil and its solution due to change of redox potentials.
Compared with dissolved Fe released by floods, colloidal Fe may play
an even more important role in defining the Fe isotope composition of
the soil solution. In an artificial flooding experiment using carbonatic
floodplain topsoil (Calcaric Fluvisol), Kusonwiriyawong et al. (2017)
found substantial Fe release as colloidal fractions (0.02-10 pm). These
fractions initially showed a light isotope composition due to the pre-
cipitation of siderite from dissolved reduced isotopically light Fe(II)aq.
As the flooding persisted, the difference in 8>°Fe values of the dissolved
Fe and of colloidal fractions shifted increasingly towards negative va-
lues, due to changes in colloid mineralogy, sorption to soil components
and/or electron transfer-atom exchange. This study points out the im-
portance of colloids in Fe release from soils to soil solutions.

The formation of Podzols is driven by acid weathering and illuvia-
tion processes, which can result in relatively large variations of Fe
isotope compositions along the soil profiles (Emmanuel et al., 2005;
Wiederhold et al., 2007b; Fekiacova et al., 2017). The main difference
in Fe isotope composition is found between the Fe-depleted E horizons

and the underlying Bh/Bhs horizons, where Fe in the Bh/Bhs horizon is
significantly lighter than Fe in the E and other mineral horizons. The
loss of light Fe isotopes from bleached A/E horizons largely explains
their elevated 5§°°Fe values.

Since the Bh horizons in Podzols contain large amount of Fe-organic
complexes, the low 8 values in these horizons are most likely due to this
Fe pool (Wiederhold et al., 2007b). Wiederhold et al. (2007b) proposed
that pedogenic vertical Fe translocation was driven by organic ligands
at very acidic pH and lighter Fe isotopes were preferentially translo-
cated within the Podzols. However, another Podzol studied by
Emmanuel et al. (2005) did not display large differences in Fe isotope
variation. This might be due to the fact that the studied samples were
not from characteristic eluvial E and illuvial Bh/Bs horizon sections. By
studying a unique Podzol chronosequence in Canada, Fekiacova et al.
(2017) demonstrated how the podzolization processes evolved succes-
sively. After pH values dropped to ~ 4.5 (270 years) due to organic
matter accumulation in the surface horizons, the podzolization itself
can be a rather fast process (< 50years). Along this podzolization
processes Fe was isotopically fractionated. The heavy Fe isotopic sig-
nature of the A/E horizon was a result of mineral dissolution and the
light Fe isotope enrichment in illuvial Bh/Bhs horizons was linked with
Fe-organic complexes and poorly crystalline Fe oxyhydroxides. How-
ever, the authors also pointed out that it was still unclear whether this
enrichment was attributed to transport of the light Fe from the surface
soil or to preferential incorporation of light Fe into Fe oxides and Fe-
organic complexes.

Cambisols are soils that are less affected by vertical Fe translocation
than the soils discussed so far, although formation of clay minerals and
pedogenetic oxides are diagnostic for the Bw horizon. These processes
may alter §°°Fe values on the microscale within the soil horizon and
those of soil Fe pools (see Section 3.2), but the variation of Fe isotope
composition for the bulk soil can be very limited among different soil
horizons. Indeed, for Cambisols in general, Fe isotope compositions
along depth profiles vary moderately within a range between 0.0%o
and +0.1%o for the mean 8°°Fe values from O to B horizons (Fig. 5),
which is similar to the continental crust mean (~ + 0.07%o relative to
IRMM-014, Poitrasson, 2006). The Fe isotope data therewith nicely il-
lustrate that Cambisols are developed under oxic and well-drained
conditions under which Fe translocations are limited within the profile
and transformations of Fe minerals are localized, so that overall no
apparent isotopic effect can be seen (Fekiacova et al., 2013, 2017;
Wiederhold et al., 2007b).

The A horizons of Leptosols from a chronosequence of a glacier
forefield contained Fe with a heavy isotopic signature with §°®Fe up to
+0.27%o, similar to their respective parent materials (granite +0.15%o
and gneiss +0.25%o, Kiczka et al., 2011). Iron speciation analysis of
these soils showed a shift from Fe in Fe(II)-bearing phyllosilicates to-
wards Fe in Fe(III)-bearing phyllosilicates and Fe(III) (hydr)oxides with
increasing time since deglaciation. This shift did not induce significant
variation of the Fe isotope composition of the bulk soil, which ranged
between +0.10%o and +0.27%o in 8°°Fe. However, the Fe isotope
composition varied among soil particles: Fe in sand was isotopically
heaviest, while Fe in clay was significantly lighter (§°°Fe +0.06 to
—0.10%0) than that in bulk soils and became even lighter with in-
creasing time since deglaciation. Based on Fe speciation analysis and
particle-size studies, the authors attributed approximately one third of
the Fe in the clay size fractions to newly formed Fe(IlI) (hydr)oxides
that were isotopically lighter than the bulk soil and pointed out that the
kinetic isotope effect leading to preferential release of light Fe isotope
was not a transient phenomenon restricted to the very initial weath-
ering flux, but it could persist over long timescales when Leptosol de-
velopment proceeded. In such a case, one can expect that, as light Fe
isotopes are progressively removed, especially when ligand-controlled
or reductive dissolution processes dominate, the residual solid is either
increasingly enriched in heavy Fe isotopes over the course of soil
weathering (Thompson et al., 2007), or the heavy isotope signature of




the residual solid is “diluted” within the large Fe pool of primary sili-
cate minerals (Kiczka et al., 2011).

To date, only one bulk sample of the A horizon of a Luvisol was
studied regarding its isotope composition, showing a near-zero §°°Fe
value (Guelke et al., 2010). However, Fe pools in this soil (sequentially
extracted by various agents) showed distinct Fe isotope compositions
with the so-called “plant-available” Fe pool isotopically the lightest.
The Fe pools and their isotope compositions are discussed in detail in
Section 3.2.

3.1.2. Deep soil profiles

Soil science usually restricts analyses to 1 to 2m of soils on earth
surface, according to the lower depth of soil classification systems. Very
old soils, especially of the tropics, however, are much deeper devel-
oped. Also plant roots may go beyond 2m soil depth, particularly in
forests (Canadell et al., 1996).

Deep weathering under wet tropical climates modifies the physic-
chemical characteristics of the parent rock. The so-called laterites can
then form as mineralogical and chemical modified surface material,
usually forming Ferralsols in the top meters. The laterite overlies sof-
tened bedrock (saprolith) with the original residual bedrock (regolith)
usually being found at several meters depth. Laterites may be com-
pacted, are characterized by a rusty-red coloration due to high Fe oxide
contents, and can form hard crusts when drying out. The dominant
chemical weathering process is hydrolysis which can reach depths even
below 80m. As no bioturbation occurs in these depths, the rock
structure is retained and Fe-depleted and Fe-rich areas can be found
unmixed side by side (for more details on laterite formation, see, e.g.,
Aleva, 1994).

Three studies have been carried out to investigate Fe geochemical
cycles in deep laterites (either recent or ancient) by using stable Fe
isotopes as a tool. The Paleoproterozoic lateritic Hekpoort paleosol
(~2.2 Ga) from Gaborone, Botswana, generally showed positive §°°Fe
values throughout the profile down to the parent rock at a depth of
128 m, except for a sampling point at around 107 m where the Pallid
zone was enriched with light Fe isotopes (Yamaguchi et al., 2007). The
8%°Fe value peaked (+1.06%o) at the mottled zone at a depth of
~105m where Fe was depleted, higher than that in Fe-rich laterites.
The authors attributed this phenomenon to Fe mobilization due to
multiple alternations of wet and dry seasons during which the
groundwater table shifted, leading to relocation of isotopically light Fe
(IN,q followed by oxidation and re-precipitation. The positive Fe iso-
topic signature of this ancient laterite profile thus reflects oxidative
weathering of the parent basalt under an atmosphere with relatively
high levels of O, accompanied by groundwater-induced Fe(Il),q
translocation processes. However, the study of Poitrasson et al. (2008)
showed little Fe isotope fractionation in recent laterites, despite that
strong alternations both in mineralogy and Fe concentration happened
during the lateritization process. This may be because, in spite of lateral
mobilization and loss, Fe remains mostly in its oxidized form in recent
lateritic soils, particularly when a lack in groundwater table shifts is
present. As a result, Fe isotope fractionation can be nearly invariable.
This is confirmed by the study of Li et al. (2017), who found in a laterite
profile obtained from an equatorial rainforest that despite large varia-
tion in the concentrations of Fe oxides and dramatic Fe loss, the §°°Fe
values differed only in a small range from —0.03%o in the parent rock
(peridotite) to +0.10%o0 in the extremely weathered saprolites. In
agreement with Poitrasson et al. (2008), the authors suggested that Fe
in this laterite profile should have experienced a complete and in situ
oxidation prior to Fe translocation. Since Fe(III) is not mobile in water,
the possible Fe species to induce significant Fe loss was then expected to
be ferric Fe colloids which had a similar Fe isotope composition to the
continental crust.

Similarly, a deep saprolite profile which had undergone extreme
weathering under oxidizing conditions also showed limited Fe isotope
fractionation (Liu et al., 2014). Under oxidizing conditions, Fe is

transformed into less mobile Fe(Ill) and rapidly precipitated as Fe
oxides, which is the dominant Fe species in this soil. The authors
pointed out that these Fe-oxide rich soils usually showed a relatively
heavier Fe isotope composition compared with Fe in the parent rock,
while Fe isotope variation along the profile was insignificant. In con-
trast, when different redox regimes are present in the profile, the Fe
isotope fractionation during silicate weathering is redox-controlled and
can show substantial variation along the profile as result of the com-
bination of preferential release of light Fe isotopes during primary
dissolution and secondary processes such as oxidation, precipitation, as
well as complexation with soil organic matter.

A terra rossa developed on dolomite contained Fe with fluctuating
isotope signatures along the soil profile and was isotopically lighter
than the Fe in the underlying bulk dolomite and the insoluble dolomite
residue (Feng et al.,, 2018). The authors hypothesized that the terra
rossa was under the influence of an extraneous input of dissolved Fe
with a light isotopic signature and that the dolomite weathering was
not the only source of Fe in the terra rossa. The Fe isotope signature in
the terra rossa, as well as the relations of Fe, Si, and Al and the contents
of their oxides, were resulted from a combined action of extraneous Fe
input and redox variations during the early stages of dolomite weath-
ering and terra rossa formation, as well as subsequent desilicification of
the terra rossa. Therefore, the authors concluded that the formation
mechanism of terra rossa was different from that of the soils developed
from weathering products of silicate rocks.

3.1.3. Anthropogenic soils

Paddy soils (Anthrosols) comprise the largest artificial wetlands that
feed almost half of the world's population through rice cultivation
(Kogel-Knabner et al., 2010). Paddy soils can develop from any pedo-
logical soil order, but all soils experience repeated flooding-drainage
cycles that lead to specific redoximorphic features. The redox oscilla-
tions due to paddy management result in unique Fe dynamics in paddy
soils. When waterlogged, paddy soils can contain high amounts of Fe(II)
in the pore water as a result of reductive dissolution of Fe(III) minerals
mediated by DIR bacteria under low redox potential and anaerobic
conditions (Lovley et al., 2004). Poorly crystalline Fe(III) (hydr)oxides
(e.g. ferrihydrite) are the main plant-available Fe forms in paddy soils
involved in DIR processes. As rice growth progresses, the system be-
comes oxidative so that Fe(Ill) (hydr)oxides are re-precipitated. This
cycle of dissolution and (re-)precipitation results in a drastic Fe trans-
formation and translocation. In a recent study, Garnier et al. (2017)
found that Fe in the pore water was isotopically light (§°°Fe — 1.38%o),
and that there was a significant linear correlation between Fe con-
centration and 8°°Fe in pore water due to Rayleigh-type fractionation of
the DIR processes in pore water. The study thus confirmed that Fe
isotope fractionation between the pore water and the substrate involved
three Fe pools (Fe in solution, Fe(II) sorbed at the surface of the sub-
strate, and a reactive Fe(Ill) pool on the Fe substrate), in agreement
with laboratory experiments, e.g. by Crosby et al. (2005). In the studies
of paddy chronosequences by Huang et al., 2018a, variation of Fe iso-
tope compositions were firstly investigated with a focus on the impact
of long-term anthropedogenesis. The two paddy chronosequences were
derived from different parent materials: the one in a plain area devel-
oped from calcareous marine sediments, while the other was from
highly weathered quaternary red clay on a sloping upland. The non-
paddy original soils were classified as Cambisol and Ferralsol, respec-
tively, with significantly different pH values (~8.1 vs. ~5.1), and clay
contents (~21% vs. ~54%), but no significant variations of Fe isotope
compositions along the profiles for both original soils. Long-term paddy
management resulted in increasing profile differentiation of Fe oxides
and measurable Fe isotope fractionation compared with the starting
soils. The chronosequence located on the sloping upland experienced Fe
loss from the surface horizons, and both total Fe and oxide-bound Fe
contents decreased with paddy soil age, possibly due to clay particle-
facilitated leaching. However, in the other chronosequence, the surface




Fe concentration was relatively constant on a millennial scale with
much longer rice cultivation history and the total Fe and Fe oxide-
bound Fe contents increased, especially in the first 50 years of rice
cultivation. The authors attributed the overall Fe accumulation in this
chronosequence to external Fe inputs. Despite these differences, both
paddy chronosequences showed enrichment of heavy Fe isotopes in the
topsoil while the deeper illuvial horizons were characterized by light Fe
isotope compositions, reflecting preferential mobilization of light Fe
isotopes.

Mining activities generate mine tailings that are exposed to natural
weathering processes, which result in dissolution and (re-)precipitation
of minerals and thus affect nearby environments. Stable isotope ana-
lysis of these minerals can provide a basis to understand geochemical
processes occurring in these tailings, thereby enabling an assessment of
their environmental impact. For such purposes, a soil profile through
sulfide-bearing tailings at a former copper (Cu) mine in Northern
Sweden was studied by Rodriguez et al. (2013), who found no sig-
nificant difference in §°°Fe values between unoxidized and oxidized
zones of the soil profile. However, at the oxidizing front of sulfides the
8%°Fe value was the highest (—0.24%o) due to the precipitation of Fe
(II1) (hydr)oxides, following Fe(II) oxidation, and accompanied by
leaching of Fe(ID),,. It is noteworthy that the 8°°Fe values of this mine
tailing profile were generally very negative (average of oxidized and
unoxidized zones —0.58 = 0.06%0 and — 0.49 * 0.05%o, respec-
tively), and were at the very low end of natural soil profiles (e.g.,
—0.52%o0, Fantle and DePaolo, 2004) that have been studied so far.
These negative values may largely be due to the fact that pyrite was the
main Fe-sulfide in the unoxidized zone of this profile (Rodriguez et al.,
2013), which may have 8°°Fe values as low as —3.1%o (Guilbaud et al.,
2011a). Oxidative sulfide weathering in the oxidation zone of the mine
tailings in Chanaral in Chili, resulted in Fe(Ill) (hydr)oxides with po-
sitive 8°°Fe values, while the Fe-containing sulfide residues were iso-
topically light (Roebbert et al., 2018).

3.2. Iron isotopic signature of soil iron pools

Weathering processes usually take place locally and do not induce
significant Fe translocation (Wiederhold et al., 2007b). Therefore, Fe
isotope fractionation may not be revealed by bulk soil analysis, but only
presents itself at local scale among different Fe pools. Sequential che-
mical extraction of soil is usually performed to separate: water-soluble
and exchangeable Fe (Fe.,), organically adsorbed and bound Fe (Fe,.g),
poorly crystalline Fe(III) (hydr)oxides (Fepooriy-cry.-oxides)s crystalline Fe
(1) (hydr)oxides (Fecry.-oxides), and Fe sequestered in primary silicate
minerals (Fegjicate)- The distribution of Fe among these pools reflects
the type and degree of Fe weathering processes, and their isotopic
signatures can be used to track Fe transformation and translocation in
soils.

Only a small part of Fe in the soil is plant available due to the low
solubility and slow dissolution rates of inorganic Fe compounds (Guelke
et al., 2010). Therefore, in order to assess soil Fe fertility in modern
agricultural practices, it is indispensable to identify (potentially) plant
available Fe in the soil and its transformation processes.

Fig. 6 shows a modified sequential extraction procedure proposed
by Guelke et al. (2010) to examine these Fe pools/fractions in soils,
especially those associated with plant available Fe. In short, soils are
extracted with 1 M MgCl, solution to access Fe,, followed by diluted
HNO;3 (0.01 M) and H,0, (30%) to release Fe,g. The residue is then
treated with 0.5M HCI targeting Fepooriy-cry.-oxides; Prior to the extrac-
tion of Fecry oxides Dy dithionite-citrate in acetic acid (HAc). The frac-
tions Feey, Feorg, and Fepoorly-cry.-oxides are considered as plant available
Fe, the 8°°Fe values of which are thus compared with those of plants to
determine the fractionation factor between the plants and the soils
where the plants grow in (discussed in Section 5). Guelke et al. (2010)
argued that the procedure did not induce significant isotope fractio-
nation if artifacts (see Section 3.3) were eliminated. It is worth noting
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Fig. 6. Sequential chemical extraction procedures proposed by Guelke et al.
(2010) (in blue dashed circles) and simplified three-step extraction (in red
dashed circles) to study different Fe pools in soil. Feey, Feorg, and Fepoorly-cry-
oxides are together termed as Fe,n, .oxides fraction and claimed as plant-available
Fe. Since most studies applied the three-step extraction, we give the range of the
8%°Fe values for these Fe pools.

that the concentration of HNO3 used in the extraction of organically
bound Fe may need to be adjusted to bring high pH of soils (e.g. cal-
careous soils) into the acidic range required in organic matter de-
struction by H,O, and to prevent secondary precipitation.

Traditionally, in non-isotope studies, poorly crystalline Fe(III)
(hydr)oxides are extracted with ammonium oxalate in an acidic solu-
tion (usually HCI) at pH 3 (termed as Fe,) (Schwertmann, 1964, 1991),
while total extraction of all Fe oxides is performed with a buffered di-
thionite-citrate solution (Fegq) (Mehra and Jackson, 1958; Kiem and
Kogel-Knabner, 2002). In addition, Roebbert et al. (2018) proposed to
target Fe containing sulfides using KClO,4 in 12 M HCI after dithionite
and oxalate extraction and claimed no significant Fe isotope fractio-
nation occurred during the extractions. However, as illustrated in a
laboratory experiment by Wiederhold et al. (2006), oxalate extraction
can result in significant Fe isotope fractionation either through ligand-
controlled (in dark) or reductive (in the presence of light) dissolution
mechanisms. Therefore, the authors proposed to use diluted HCI to
target poorly crystalline Fe oxides as no isotope fractionation was found
during the dissolution of goethite by 0.5 M HCl via the proton-promoted
mechanism. However, Kiczka et al. (2010a) found negative 85°Fe values
when dissolving primary phyllosilicates with diluted HCI, indicating
that HCI could attack silicate minerals and release light Fe isotopes
leading to isotope fractionation during the dissolution. Whether or not
Fe isotope fractionation occurs during dissolution and to which extent
depends on the mineralogy of the soil. The possible bias induced by
dissolution of Fe from silicate minerals should be considered when
studying poorly crystalline Fe oxides using HCl extraction.

Following HCI extraction, hydroxylamine-hydrochloride (NH,OH-
HCI) under acidic condition is applied to access crystalline Fe oxides
(Fécrys.-oxides) (Emmanuel et al., 2005; Wiederhold et al., 2007a, 2007b;
Guelke et al., 2010). Conversely, Kiczka et al. (2011) used a reversed
procedure, i.e. NH,OH-HCI in HAc to selectively dissolve poorly crys-
talline Fe oxides, followed by HCl extraction targeting easily leachable
Fe from primary Fe(I)-bearing phyllosilicates. These procedures were
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Fig. 7. Depth profile (< 140 cm) of isotope compositions of different soil pools: (A) Amorphous Fe oxides (Feam.-oxides fraction) are extracted by 0.5 M HCI targeting
poorly crystalline Fe (oxyhydr)oxide and adsorbed and organic bound Fe; (B): The Fery .oxides fraction is extracted by 1 M NH,OH-HCl in 1 M HCI targeting crystalline
Fe oxides; and (C): The Fegjicate fraction is extracted by HF in acidic solution targeting Fe incorporated in silicate minerals. Note that the missing soil orders compared
with the bulk soil data (Fig. 5) are due to the lack of Fe isotope data of the Fe pools in these soils. Isotope compositions of soil Fe pools that were extracted differently
(e.g. total Fe oxides by dithionite-citrate extraction) were not included in this figure.

based on previous finding that large fractions of Fe (up to 48%) from
primary phyllosilicates could be released by diluted HCl which would
affect the observed isotopic signature in the leached solution (Kiczka
et al., 2011).

In fact, most Fe isotope data in Fe pools in soils are based on ex-
tractions by 0.5M HCl, and then by 1 M NH,OH-HCI in 1 M HCI fol-
lowed by HF-acid digestion to obtain Fe fractions of organically ad-
sorbed/bound Fe and poorly-crystalline Fe oxides (Fe,n -oxidess Plant
available Fe), Fecry _oxides and Fegjjicate, respectively. Some studies simply
applied the extraction by 0.5M HCI for plant available Fe. Other ex-
traction methods, such as dithionite-citrate extraction of Fe oxides and
pyrophosphate extraction of organically bound Fe, are also utilized by
several studies. However, these studies either did not analyze Fe isotope
composition of the extracts or presented only limited number of §°°Fe
values, Therefore, in Figs. 6 and 7, the 8°Fe values in different pools
are taken from the majority of the data for Fe,m -oxides> F€cry.-oxides> and
Fesilicate~

3.2.1. Water-soluble, exchangeable and organically bound iron

In aqueous solutions Fe is mobile in its ferrous form at anoxic
conditions and at low to neutral pH. In contrast, soil pore water in oxic
soils at circumneutral pH generally contains little Fe since Fe is present
as Fe(III) whose solubility is very low at pH values above 3 (Stumm and

Morgan, 1996). Dissolved organic matter and colloids in soil can en-
hance the mobility of Fe(IIl),q at higher pH values (Henneberry et al.,
2012), yet the water-soluble Fe pool is extremely small and only ac-
counts for < 0.01% of total soil Fe. Therefore, this pool is frequently
neglected in above-mentioned sequential extraction schemes. Never-
theless, Guelke et al. (2010) managed to analyze the 8°°Fe of water-
soluble Fe from the A horizon of a Luvisol showing an isotopically light
Fe pool (8°°Fe = —0.48%o) extracted by ultrapure water. The negative
values reflect that light Fe isotopes are preferentially dissolved in soil
solution, presumably in the form of soluble organic complexes.

Iron that does not remain in soil solution can be rapidly adsorbed in
exchangeable forms. The exchangeable Fe pool is obtained by cation
exchange of Fe against magnesium (Mg) using MgCl, solution, which is
reported not to fractionate Fe isotopes (Brantley et al., 2004). This Fe
pool is also very small and considered to contain ions that have been
bound to solid soil surfaces by outer-sphere binding via organic
complexes, which may contain slightly light Fe isotopes (e.g.,
8%Fe = —0.05%0 for a Luvisol A horizon, Guelke et al., 2010).
Nevertheless, we have to bear in mind that due to the low concentration
of water-soluble Fe and exchangeable Fe, the isotope measurements can
easily be biased, e.g., by the impurities from the Mg salts during the
extractions (Guelke et al., 2010). Assessing 8%Fe values of Fe pools low
in absolute Fe amounts should thus carefully rule out any exterior Fe.




As mentioned above, organic ligands play an important role in Fe
mobilization in soil, especially in the O horizons, as well as in plant
uptake, e.g., in the form of Fe-phytosiderophores. Since soluble Fe is
limited in many soils, Fe that is adsorbed, bound or incorporated in
such organic ligands is considered to be a major reservoir for plant
uptake (Borggaard, 1992). By using diluted HNO3 and H,0, to oxidize
the organics to CO,, the bound Fe is detached effectively (Tessier et al.,
1979). The extraction releases up to a few percent of total Fe, which has
also negative 8°°Fe values, suggesting a preferential adsorption or
complexation of light Fe isotopes with the organic ligands (Guelke
et al., 2010).

3.2.2. Iron (hydr)oxides

Iron (hydr)oxides are major weathering products in soils. Their
formation, transformation, and dissolution processes have a major in-
fluence on soil development and soil properties (Stucki, 1988; Cornell
and Schwertmann, 2003). Poorly crystalline Fe(Ill) (hydr)oxides are
usually formed first due to precipitation of Fe(Ill),q and then trans-
formed to thermodynamically more stable crystalline Fe oxides such as
goethite and hematite (Wiederhold et al., 2007b).

Depending on the soil order, the Fe,y, oxides fraction, extracted by
0.5M HCI, can contribute from 2 to 30% of the total Fe (Fey) in the
soil profiles. The organic-rich O and mineral A horizons usually contain
more Fe,n, oxides than the deeper horizons. Specific soil processes such
as podzolization and lessiviation can lead to an enrichment of the Fe,, -
oxides fraction by up to 70% of total Fe in illuvial soil horizons under-
lying the E horizon (Fantle and DePaolo, 2004; Wiederhold et al.,
2007b). The remaining Fecrys -oxides fraction is a large Fe pool in soils,
accounting for 40 to 70% of the total Fe, and is often the major Fe form
present in soil horizons except for highly bleached horizons.

In contrast to the bulk soil, the distinctive Fe pools are isotopically
more diverse (Fig. 7), indicating that isotope fractionation among the
Fe pools occurs. The currently available isotopic data show that poorly
crystalline Fe oxides in different soils and in various soil horizons ex-
hibit a wide range of 8§°°Fe values, varying between — 1.08%o in the O
horizon of a Podzol profile to +1.02%o in the B horizon of an Andosol
profile (Fig. 7), i.e., often showing advanced alteration with soil horizon
development and pedogenesis.

In the O horizon (surface layers dominated by organic litter), poorly
crystalline Fe oxides are mostly fractionated towards a light isotopic
signature. Only Fantle and DePaolo (2004) found a 8°°Fe value of
0.27%o in the O horizon of an Acrisol, which, however, was ashed at
high temperature prior to the HCI extraction, thus risking changes in Fe
mineralogy (Wiederhold et al., 2007b).

In A (and E) horizons, negative §°°Fe values are usually found for
poorly crystalline Fe oxides in most soil orders. In a Gleysol profile
studied by Wiederhold et al. (2007a), however, the HCl-extracted Fe
pool showed a small-degreed fractionation towards relatively heavier
isotopic signature compared with its underlying horizons, due to the
lower weathering age and the absence of redoximorphic Fe transfor-
mations in the oxic upper soil horizons.

In the B and C horizons, the 8°°Fe values of Fe(II) (hydr)oxides
seem to depend on the soil order. The Fe,,, oxides fraction was found to
be isotopically lighter in Gleysols and Acrisols than in Andosols and
Cambisols. Interestingly, a clear trend towards heavier isotope com-
position is found for the Fe,, oxides fraction along the depth profiles of
Cambisols, whereas the Fe,, oxides fraction becomes isotopically lighter
in deeper horizons in Gleysols. In Podzols, the Fe,, oxides fraction was
the lightest in the illuvial By, horizon, where the soil is organic rich and
the Fe is likely complexed with organic matter, while the Fe,n oxides
fraction below the B horizon was slightly heavier than in the C horizon
(Wiederhold et al., 2007b). These finding clearly demonstrate different
degree of Fe isotope fractionation along with different mechanisms of
pedogenesis (e.g., chemical weathering and goethite formation in
Cambisols, capillary rise and redoximorphosis in Gleysols, podzoliza-
tion in Podzols). In a study of Andosol profiles, which had experienced

considerable rainfalls and anoxic conditions, the Fe,m .oxides fraction in
the B horizons was consistently heavier than the Fe fractions that could
not be extracted by diluted HCI (Thompson et al., 2007). Meanwhile,
the pyrophosphate extracts of these horizons (Fe bound to organic
matter) was found enriched in heavy Fe isotopes. The authors explained
this phenomenon by light Fe isotopes being preferentially leached from
the soil during weathering under reducing conditions, thus leaving
behind the residual material with high 8°°Fe values.

The isotope composition of the crystalline Fe oxides in soil profiles
is less studied compared with that of the poorly crystalline Fe oxides.
Nonetheless, the limited data so far confirm a trend towards heavier
isotope compositions along the soil profiles for the Fec,ys.oxides fraction.
The mean 8°°Fe values of Fécrys.-oxides fraction are generally more po-
sitive than those of the Fe,m oxides fraction. However, the Fecrys oxides
fraction may not always be isotopically heavier than the Fe,n oxides
fraction throughout the soil profile. In the subsoil of Podzols, for in-
stance, the Fecrys oxides fraction was lighter than the Fe,m _oxiqes fraction
by ~0.7%o in 8°°Fe (Wiederhold et al., 2007b). As main weathering
products, the Fe oxides including both forms are the lightest in the Fe
mineral pools as illustrated by the 8°°Fe of the extracts from a dithio-
nite-citrate solution (Guelke et al., 2010).

3.2.3. Iron in silicate minerals

Iron in unweathered silicate minerals is obtained by total digestion
of the residues of previous extractions using a combination of hydro-
fluoric acid (HF), HNOs;, HCl and/or perchloric acid (HClO,).
Depending on the weathering age and pedogenic processes, the Fegjicate
fraction may represent the major component of the Fe pools or account
for as little as ~7% of the Fey due to intense Fe transformation re-
actions (Wiederhold et al., 2007b). The 8°°Fe values of the Fegjicate
fractions published to date are exclusively positive (Fig. 7), indicating
that light Fe isotopes are preferentially removed from the primary mi-
nerals during weathering leaving the silicate minerals with a heavy Fe
isotopic fingerprint.

3.3. Summary

Different processes of pedogenesis may result in different degree of
Fe isotope fractionation. Under reducing conditions, such as common in
Stagnosols and Gleysols, dissolution of primary Fe-minerals pre-
ferentially releases isotopically light Fe(I) into the solution, leaving a
weathered residue enriched in heavy Fe isotopes. This light Fe may then
be translocated downwards (e.g., via leaching) or upwards (e.g., via
capillary rise) within the soil profile or may be exported laterally. Upon
oxidation of this light Fe(II) pool and subsequent precipitation of Fe(III)
(hydr)oxides when O, is present, the oxidized zones can become en-
riched in Fe with light isotope composition.

Without transient occurrence of reducing conditions, e.g., under
permanent oxidizing conditions or moderate soil weathering, Fe isotope
fractionation can be limited through the soil profile as shown in
Cambisols. On the other hand, advanced weathering may induce clearer
gradients towards enrichment with isotopically heavy Fe, as found for
Acrisols. Eluviation and illiviation processes may clearly separate Fe-
depleted and enriched zones with significant differences in Fe isotope
compositions (e.g., Podzols, Albeluvisols). In contrast, other soil pro-
cesses such as bio-, cryo-, or peloturbation do likely not induce sig-
nificant isotope fractionation. Yet, Fe isotopic studies in, e.g.,
Chernozems, Gelisols, or Vertisols, are still lacking, while this knowl-
edge might provide a novel clue to quantify these physical soil altera-
tions.

As a result of pedogenesis, soils usually exhibit pronounced micro-
scale heterogeneity, also encompassing Fe, which prevails in pools with
different (bio)availability and turnover. Sequentially and chemically
separated soil Fe pools reflect these impacts of pedogenesis and show a
larger range of 8°°Fe values than the bulk soil. The relatively labile Fe
species such as Fe(II),q, organically adsorbed or bound Fe, as well as Fe




(II) (hydr)oxides are generally isotopically lighter than the Fe in un-
weathered silicate minerals. The Fe oxide fractions, including poorly
crystalline and crystalline Fe oxides, as main weathering products are
often isotopically the lightest (Fig. 7). The extent of Fe isotope frac-
tionation of each Fe pool depends on the parent material, soil order,
and pedogenic processes, and thus on the magnitude of Fe transfor-
mation and translocation.

Yet, careful examination of artifacts should be performed when ap-
plying sequential extraction procedures for Fe isotope studies. Such ar-
tifacts may result from impurity of extractants, incomplete dissolution,
alterations of the sample during extraction/treatment, and secondary
precipitation or adsorption, leading to possible isotope fractionation
during sample preparation (Guelke et al., 2010). Attention should also be
paid to the “unwanted” dissolution of silicate minerals when using di-
luted HCI or dithionite-citrate solution to study Fe oxides (Kiczka et al.,
2011). However, if these artifacts can be avoided, the combined analyses
of Fe isotope compositions in both bulk soil and in physically and che-
mically discriminable Fe pools can provide much deeper insights into the
mechanisms of terrestrial Fe cycling that are difficult to achieve by other
(e.g. concentration and speciation) analyses.

4. Iron isotopic fractionation in plants

Plants have developed two efficient strategies to secure Fe uptake
from soil (Roemheld and Marschner, 1986). The sequential acidifica-
tion-reduction-transport strategy (strategy I) is carried out by all higher
plants, except for the graminaceous plants, which use the chelation-
based strategy (strategy II) for Fe uptake (Hell and Stephan, 2003).
Strategy I plants excrete protons via a plasmalemma AHA H*-ATPases
to acidify the rhizosphere, and then the NADPH-dependent ferric che-
late reductase AtFRO2 reduces Fe®* to Fe*>* which is then available to
plants and can be transported through a plasmalemma by Fe trans-
porter proteins (Hell and Stephan, 2003; Robinson et al., 1999).
Strategy II plants release phytosiderophores (PSs) that chelate Fe** in
the rhizosphere. The Fe**-PS complexes are then channeled into the
root by specific plasmalemma transporter proteins (Takagi et al., 1984;
Curie et al., 2001; Schaaf et al., 2004). It is generally assumed that the
chelation-based strategy is more efficient than the sequential acid-
ification-reduction-transport strategy and allows graminaceous plants
to survive under more drastic Fe-deficient conditions (Mori, 1999).
Both strategies can induce Fe isotope fractionation between the soil and
the plant root, as they basically rely on reductive dissolution and or-
ganic compound complexation of Fe. Once Fe is taken up into the plant
roots, it is cycled through a variety of biochemical reactions moving
from roots to stems, then to leaves and seeds, also leading to fractio-
nation of Fe isotopes within the plant.

4.1. Iron isotope fractionation during root uptake

Iron isotope fractionation during root uptake was first proposed by
Guelke and von Blanckenburg (2007), based on that all seven strategy I
plants they analyzed were enriched in lighter Fe isotopes and the 8°°Fe
values decreased from soils to shoots, while strategy II plants had
slightly heavier Fe isotope compositions compared with the plant-
available Fe in the soil. Even though the Fe isotope composition in roots
was not analyzed, the difference in §°°Fe values in the growth medium
and the aboveground tissues indicated a clear Fe isotope fractionation.
Kiczka et al. (2010) later found a significant fractionation towards ne-
gative 8°°Fe values within the strategy II plant Agrostis. The authors
suggested that the Fe isotopic signature of plant biomass depended not
only on the Fe uptake strategy, but also on the nutrient availability in
the substrate (Kiczka et al., 2010). When Fe is sufficiently available in
the growth medium, mechanisms of Fe mobilization are similar for both
plant groups, resulting in an isotopically light signature in the plants,
whereas when Fe is deficient, the strategy II plants mobilize Fe with Fe-
PS complexes leading to no apparent Fe isotope fractionation during

uptake (Kiczka et al., 2010). The statement is further consolidated by
Guelke-Stelling and von Blanckenburg (2012), who subsequently
showed that there was a preferential uptake of lighter Fe isotopes by
strategy II plants when growing in non-limiting Fe(III)-EDTA nutrient
solution. Furthermore, previous observations showed that the root
exudation of siderophores was suppressed under Fe sufficient condi-
tions (Charlson and Shoemaker, 2006; Marschner, 1995), which was
probably also the case in the field trials studied by Kiczka et al. (2010).

Charlson and Shoemaker (2006) pointed out that both strategy I and
II plant species could possess either all or some genes to acidify and
reduce Fe, possibly enabling strategy II plants to also take up Fe
through reduction reactions similar to strategy I plants when Fe is
sufficient in soils. The strategy II plant rice (Oryza sativa) is an example
of such a plant that possesses the ferrous transporter OsIRT1, allowing
the crop to directly absorb Fe®** from the soil (Kobayashi and
Nishizawa, 2012; Arnold et al., 2015), in addition to a PS-mediated Fe
(IID) transport system (Bughio et al., 2002). This suggests that rice takes
up Fe both as Fe(III)-phytosiderophores and Fe(II) ions (Ishimaru et al.,
2006), which may result in different extents of Fe isotope fractionation.

Using pot experiments, Arnold et al. (2015) showed that rice shoot
and grain contained isotopically light Fe compared with the bulk soil or
the leachate of the soil, suggesting possible changes in the redox state of
Fe occurring during the uptake and translocation processes. In a paddy
soil field study, rice roots were found to be enriched in heavy Fe iso-
topes with 8°°Fe values similar to those of the Fe plaques on its root
surface (Garnier et al., 2017). In contrast, the soil pore water had ex-
treme negative § values, and the plant available soil Fe (0.5M HCI
extracted) was also depleted in heavy Fe isotopes. These Fe isotope
composition data indicated that the Fe in the root originated mainly
from the Fe plaques, which could not be identified by simply analyzing
Fe concentrations or Fe speciation. However, under Fe-rich conditions
such as in the studied paddy soils, the mechanisms of how rice roots
utilize Fe from the plaques still warrant further attention. Nevertheless,
the study of Garnier et al. (2017) clearly indicates that for an under-
standing of Fe isotope signature in rice plants it is decisive to consider
not only the plant and the soil, but also Fe plaques specifically.

Apart from Fe uptake strategies and Fe availability in growth media,
Fe isotope compositions in plants may also vary among plant species
and within the growing season (Kiczka et al., 2010; Akerman et al.,
2014). In addition, plant growth promoting bacteria (PGPR) were found
to release lighter Fe isotopes into the living medium indicating that
PGPR may have an influence on Fe isotope fractionation during plant
uptake in pot experiments (Rodriguez et al., 2014).

4.2. Iron isotope fractionation during translocation

Iron acquisition in plants starts from the apoplast of the root epi-
dermal cells (Sattelmacher, 2001), followed by Fe diffusion through the
root apoplast across the plasma membrane to the root symplast. Sub-
sequently, Fe will pass through both xylem and phloem sap bound by
chelating compounds (Kim and Guerinot, 2007). To cross the mem-
brane and enter the cells, Fe is mediated by several transporter proteins
and ligands (Alvarez-Fernandez et al., 2014), such as PSs, nicotiana-
mine (NA) and citrate (Hell and Stephan, 2003).

Moynier et al. (2013) computed the orbital geometries and vibra-
tional frequencies of aqueous Fe(I) and Fe(III) species that are relevant
to plants and calculated the corresponding isotope composition. By
using such quantum chemical calculations, they estimated the magni-
tude of equilibrium Fe isotope fractionation among different Fe species
[Fe(ID)-citrate, Fe(II)-citrate, Fe(II)-NA and Fe(III)-PSs] relevant to Fe
transport in higher plants, thereby showing that Fe(II)-NA was by ~3%o
(8°°Fe) isotopically lighter than Fe(III)-PSs. The isotopic variation is
due to differences in both Fe redox state and speciation: Fe(III)-PSs are
up to 1.5%o heavier than Fe(IlI)-citrate and Fe(II)-NA up to 1%o heavier
than Fe(II)-citrate (Moynier et al., 2013). As Fe is stored as Fe(I)-NA in
plant seeds (Hell and Stephan, 2003) and likely present as Fe(III)-PSs in




the roots, especially for strategy II plants (Bienfait et al., 1985; Becker
et al., 1995), the calculated 8°°Fe values for these Fe species may
partially explain the often reported isotopically heavier Fe in root than
in aboveground tissues.

The translocation of Fe from roots to shoots is similar for plants of
both strategies. In the xylem sap, Fe is transported as Fe(IIl)-citrate
(Pich et al., 1994), while in the phloem sap Fe is preferentially trans-
ported as Fe(II)-NA (von Wirén et al., 1999). Moreover, processes in-
cluding xylem loading, transport and unloading, xylem to phloem
transfer, phloem loading, transport and unloading (Kim and Guerinot,
2007) are involved in Fe translocation in the aboveground tissues,
which may potentially lead to further Fe isotope fractionation in favor
of light Fe isotopes in younger leaves (Guelke-Stelling and von
Blanckenburg, 2012).

The translocation mechanism of Fe within the aboveground tissues
and its relation with Fe isotope fractionation is still uncertain. Younger
leaves primarily receive Fe from the phloem where Fe is mostly chelated
as Fe(II)-NA, while older leaves acquire Fe from the xylem where Fe is
transported as Fe(Ill)-citrate complexes (Tsukamoto et al., 2008). How-
ever, the isotopic difference of Fe(II)-NA and Fe(III)-PSs in the roots of
strategy II plants (—3%o in 8°°Fe, Moynier et al., 2013) is much larger
than the observed isotopic variations between leaves and roots (Table 1,
Fig. 8). Therefore, a mixing between Fe transported by the phloem and
the xylem likely controls the extent of Fe isotope fractionation during
translocation from roots to shoots (Moynier et al., 2013). It is worth
noting that the calculated extent in Fe isotope fractionation by Moynier
et al. (2013) was due to an equilibrium effect, while processes in plant
uptake and translocation are more likely kinetically controlled. There-
fore, the values given above should be carefully examined when com-
paring them with the observed Fe isotope variation in plants.

It is also possible that “dilution effects” during the maturation of the
leaves can alter Fe isotopic composition. Besides, plants can also re-
mobilize Fe from older leaves prior to litterfall to avoid Fe losses. This
process can also lead to changes in the final Fe isotope ratio determined
in the leaves. In addition, other types of ligands such as Fe transport
protein (ITP) may be involved in isotope fractionation during translo-
cation into younger leaves. At the cellular level, chloroplast and mi-
tochondria use the largest amount of Fe in plant cells and represent
crucial sites for Fe biosynthesis. However, their contribution to Fe
isotope fractionation still remains unexplored and deserves further in-
vestigation in order to understand the mechanisms of Fe translocation
and transformation in plants.
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Fig. 8. Iron isotope variation in different tissues of plants with Fe uptake
strategy I (red circles) and strategy II (blue diamonds). The black boxplots show
the 8°°Fe value distribution of all plants that have to date been studied. The
number of the data n is given with respective colors.

4.3. Fe isotope composition in different plant tissues

Fig. 8 shows the range of §°°Fe values in different plant tissues that
have to date been studied for Fe isotopes, including 12 species of
strategy I plants [bean (Phaseolus vulgaris L.), lettuce (Valerianella lo-
custa L.), spinach (Spinaci oleracea L.), rape (Brassica napus L.), pea
(Pisum sativum L.), amaranth (Amaranthus hybridus L.), soybean (Glycine
max L.), lentil (Lens culinaris), mountain sorrel (Oxyria digyna), French
sorrel (Rumex scutatus), umbrella tree (Musanga cecropioides), and West
African piassava palm (Raphia vinifera)] and 10 species of strategy II
plants [black bent (Agrostis gigantea), oat (Avena sativa L.), maize (Zea
mays L. convar. Sacharata), wheat (Triticum aestivum L.), wild rye
(Elymus virginicus), Johnsongrass (Sorghum halepense), Kentucky blue-
grass (Poa pratensis), river oat (Uniola latifolia), Indian goosegrass
(Eleusine indica) and rice (Oryza sativa L. cv. Oochikara)]. It clearly
indicates that Fe in plants is isotopically lighter than in soils (Figs. 5, 7,
and 8). Compared with strategy II plants, strategy I plants are enriched
in light Fe isotopes with median 8°°Fe of —0.72%o vs. —0.10%o
(strategy II) for the whole plants (including root and aboveground tis-
sues). For both types of plants, aboveground tissues possess lighter Fe
isotopes compared with that in the roots, with the lightest Fe being
found in flowers with mean 8°°Fe of —1.26 + 0.53%o and — 0.96 *
0.63%o, respectively. It is hypothesized that roots may be enriched in
relatively heavy Fe isotopes, as light Fe isotopes are transported into
younger plant (aboveground) parts (Guelke-Stelling and von
Blanckenburg, 2012). However, it is worth noting that Fe isotope
fractionation due to plant uptake should be interpreted relative to Fe
isotope composition of the Fe source (e.g. nutrient solution, plant
available Fe in soil), which has not been carried out in every study.
Nevertheless, we can summarize that Fe isotopic data in soils and plants
demonstrate that the processes of uptake and translocation of Fe can
lead to significant isotope fractionation, which is controlled by changes
of redox state and the binding ligands for Fe (von Blanckenburg et al.,
2009).

5. Iron isotope fractionation in freshwaters

As a limiting micronutrient in many aquatic ecosystems, Fe plays a
critical role in regulating concentrations and bioavailability of a variety
of other elements also in water bodies (Martin and Fitzwater, 1988). On
a global scale, climate change leading to, e.g., enhanced run-off from
glacier melting, is expected to have great impact on riverine and
oceanic Fe cycles and thus on the productivity of the aquatic ecosystems
(e.g. Gerringa et al., 2012). An increasing number of studies have fo-
cused on identifying Fe source, speciation, mobility, and Fe partitioning
in different particle size fractions of the water systems. Additional at-
tention is paid to the waterbodies in areas with intensive industrial or
mining activities in order to assess anthropogenic impacts on the Fe
cycle, as well as to groundwater systems that naturally bear elevated Fe
concentrations and other species with public health concerns. Never-
theless, the total range of Fe isotopic signature of freshwater systems is
still poorly defined (Escoube et al., 2009). The following sections aim to
systemize Fe isotopic signatures in freshwater environments as a proxy
for: i) Fe behavior with redox variation; ii) the partitioning of Fe be-
tween dissolved, colloidal (< 1 um) and suspended particulate fractions
(> 1 um); iii) different Fe inputs to both fresh- and seawaters; as well as
iv) Fe associations with co-existing pollutants. It is worth noting that
the definition of colloids for particles < 1 um follows that used in col-
loid chemistry (e.g., Lead and Wilkinson, 2007). Most freshwater stu-
dies conventionally used water filtration cut-offs of 0.45 pm or 0.22 ym
to isolate what is then mostly termed the “dissolved” fraction. Some
studies apply further filtration steps, but nomenclature of the isolated
size fractions is inconsistent among studies (please also see SI3 and SI4
on water sampling and size fraction nomenclature).




5.1. Freshwater environments with redox variation

In waters and sediments that show different redox conditions at the
surface and at depth, Fe isotope fractionation is most pronounced at the
oxic-anoxic interface. At this interface, dissolved Fe(II) was reported to
be isotopically lighter than the suspended Fe(III) (hydr)oxides as a re-
sult of equilibrium isotope fractionation effect during the cycles of
oxidation of Fe(Il), precipitation and re-dissolution of Fe(IIl) oxides, as
well as due to the adsorption of dissolved Fe(II) on the surface of Fe(III)
oxides (Malinovsky et al., 2005). In sediments, Malinovsky et al. (2005)
found the largest concentration of Fe oxide with the most positive §°°Fe
values at the oxic-anoxic interface, while below the interface, Liu et al.
(2015) found isotopically heavier Fe(Ill) (hydr)oxides compared with
Fe(I)aq, Fe(Ill),q and sorbed Fe(Il). The depth profile of the water
column in the anoxic and ferruginous Lac Pavin (France) showed a
remarkable increase in concentration and 8°°Fe values of dissolved Fe
(ID (from —2.14%o to +0.31%) across the oxic-anoxic interface to the
lake bottom due to partial oxidation of Fe(Il),q (Busigny et al., 2014).
Sulfate reduction occurred at this interface, leading to Fe sulfide for-
mation with limited Fe isotope fractionation, which eventually de-
termined the Fe isotope composition of pyrite in the lake sediments
containing isotopically light Fe isotopes compared with that in the se-
diment in the oxic zone. In Lake Nyos (Cameroon), negative 8°%Fe va-
lues (—1.25%0) were observed for dissolved Fe(Il) at the oxic—anoxic
interface, whereas precipitation of Fe(II) as siderite at the bottom of the
lake led to isotopically heavy dissolved Fe(II) in the bottom water
(Teutsch et al., 2009).

In a contaminated artificial lake in China, seasonal variations in Fe
isotope of the suspended particulate matter (SPM) were observed (Song
et al.,, 2011). In winter, the SPM Fe in the lake was isotopically
homogeneous, while the 8°°Fe shifted significantly to lower values in
both surface layer and bottom strata during summer stratification. The
authors suggested that these *°Fe-depletions of the SPM in the lake in
summer reflected tributary inputs of organically-bound Fe colloids
leached from topsoils during the peak water discharge. The lower §°°Fe
values in bottom strata were attributed to “ferrous wheel” cycling
(microbial reductive dissolution of fluvial Fe-oxides) near the redox
boundary.

Redox cycling of Fe can also happen in subterranean estuaries in-
fluenced by anoxic groundwater. When encountering O in the sedi-
ment pore water, the groundwater-borne Fe(Il) is fastly oxidized, pre-
cipitated and adsorbed on Fe-oxides coated sediment sands and can
result in the dissolved Fe(Il) in the pore water being strongly depleted
in heavy Fe isotopes (Rouxel et al., 2008).

5.2. Partitioning of iron in particle size fractions

One important aspect to consider when determining the Fe isotope
composition of water samples is the choice of size fraction to be ana-
lyzed and the respective chemical Fe pools. Most studies on Fe isotopes
in freshwater analyzed either unfiltered bulk samples (Fantle and
DePaolo, 2004; Poitrasson et al., 2014) or samples passed through
(precleaned) 0.22 ym (Malinovsky et al., 2005; Escoube et al., 2009;
Guo et al., 2013; Akerman et al., 2014; Chen et al., 2014; Schuth and
Mansfeldt, 2016; Garnier et al., 2017) or 0.45 um filters (Teutsch et al.,
2005; Bergquist and Boyle, 2006; Teutsch et al., 2009; Schroth et al.,
2011; Castorina et al., 2013; dos Santos Pinheiro et al., 2013, 2014; Xie
et al., 2014; Song et al., 2011; Zhang et al., 2015; Schuth and Mansfeldt,
2016) on site. Filtrates were stabilized through acidification to prevent
Fe oxide precipitation prior to analysis. Three studies performed ela-
borate fractionation schemes using filter cascades, some on site, to se-
parate different size fractions (Ilina et al., 2013; Escoube et al., 2015;
Mulholland et al., 2015a). In all cases accurate sample processing was
paramount to avoid artifacts due to adsorption to suspended (organic)
particles (mostly in the case of bulk samples), belated precipitation of
Fe (hydr)oxides in the sampling bottles, or biodegradation of

organically complexed Fe-colloids, especially in the case of filtration
cascades. Therefore, we distilled a recommendation for aerobic fresh-
water sampling separation procedure for particle-size fractions with the
purpose of Fe isotope analysis, which can be found in the SI2 and 3.

Illina et al. (2013) used a 12-step-filtration cascade starting at
100 um down to 1kDa. Frontal ultrafiltration was carried out for the
100, 10 and 1 kDa fractions. Escoube et al. (2015) filtered samples on
site using filter sizes of 5, 2.5, 0.45 and 0.22 um. They further compared
two ultrafiltration techniques (frontal ultrafiltration and in-situ dia-
lysis) for the 100, 10 and 1 kDa sizes. Mulholland et al. (2015a) used
frontal filtration with 0.45um pore size and tangential-flow ultra-
filtration with cutoffs of 0.22um and 5kDa. So far, there is un-
fortunately a lack of consistent naming of these isolated fractions. Ilina
et al. (2013) simply referred to (ultra)filtrates or retentates of a specific
size for fractions below or above a given pore size. Escoube et al. (2015)
called all fractions below 0.45um or 0.22 um dissolved Fe, fractions
below 100 or 10 kDa colloidal and fractions below 1 kDa truly dissolved
or soluble. Mulholland et al. (2015a) termed their fractions particulate
(> 0.22 um), dissolved (< 0.22 um), colloidal (5kDa < x < 0.22pum)
and truly dissolved (< 5kDa) (Fig. SI3).

Fig. 9 compiles §°°Fe values in freshwater that have so far been
reported and shows that the spread of 8°°Fe values tends to increase
with decreasing particle size. This spread is wider in < 0.45 um frac-
tions and below than in larger sized particles. There is a trend to more
positive 8°°Fe values with decreasing fraction size. In fact, this trend
can be found in some (but not all) individual studies. Ilina et al. (2013)
found a systematic enrichment in heavy Fe isotopes with decreasing
size fraction and decreasing Fe/organic-carbon ratio in several organic-
rich boreal rivers in Russia. Small sized, organic-rich, but Fe-poor

(A)
bulk ® @
n arct temp trop all
. bulk 68 5 30 80
>0.2 ym + QA OSE >02 15 52 7 67
m >0.45 0 0 124 124
d <045 77 1C 44 131
<0.2 63 85 18 158
c <0.00744 6 5 53
© >0.45 pym 13
=
8]
©
=
[0}
N <0.45um- PO AI50 @
w
[
< 0.2 ym
< 0.003 um ®
T T T
-3 3
c (B)
= <0.45 ym
g L]
E n arct temp trop all
(= | <045 0 9 0 49
GNJ ! <02 1 30 4 35
\ A
»n <02pm- OOAA no8
I
1
L T T T T T T T

5°Fe (%0)

Fig. 9. Iron isotope compositions in surface freshwater samples (A) and in
groundwater and hyporheic samples (B) grouped by size fractions. Black box-
plots: waters from all regions; red circles: waters from arctic/subarctic areas;
green triangles: waters from temperate regions; blue diamonds: waters from
tropical regions. The number of data n is given accordingly. The gray line at
~0.07% indicates the continental crust mean (Poitrasson, 2006).




fractions were isotopically heavier than the large sized mineral-rich
fractions. The authors hypothesized that this variation indicated dif-
ferences in the chemical bonding of Fe with Fe-O-C bonds likely dom-
inating in the low molecular weight organic carbon-rich fractions, and
Fe-O-Fe bonds in the Fe-rich high molecular weight fractions.

Escoube et al. (2015) found that the < 0.22um fractions of
Northern European and Siberian rivers were isotopically heavier in Fe
than the continental crust, especially when samples were derived from
stagnant waters or semi-permanent streams. At one sampling location,
8%Fe values increased with decreasing fraction size in rivers and semi-
permanent streams, and decreased in the stagnant waters. However,
such a systematic variation in §°°Fe values was not found for different
size fractions from boreal-forested areas of the Copper River catchment
in Alaska. The authors attributed these differences to the varied con-
tents of dissolved organic carbon (DOC) in these rivers. Similarly,
Mulholland et al. (2015a) found contrasting Fe isotope partitioning in
rivers of the Amazon Basin with different organic content and parti-
culate load. In the organic-rich tributary river, Fe in the particulate
matter (> 0.45um or > 0.22um) was isotopically lightest and Fe in
the smaller sized fractions (< 0.22 um) had more positive 8°6Fe values.
By contrast, the particulate-rich tributary river contained Fe mainly in
suspended particles with 8°°Fe values close to the continental crust
mean and the smaller sized Fe was enriched in light Fe isotopes. The
authors attributed the isotopically heavier colloidal Fe in the organic-
rich river to organic ligands (Fe—-O-C bonds), while the isotopically
light colloidal Fe was assigned to Fe(Ill)-oxyhydroxides (O-Fe-O
bonds) in the particulate-rich river.

In a recent study of water samples from different European streams
by Gottselig et al. (2017), 30-76% of riverine Fe was frequently found
in size fractions < 1 um. In filtered water (< 0.2 um) of Icelandic rivers,
26 to 56% of Fe was found to be colloidal (10 kD to 0.2 pm), which
were characterized with variable Fe isotope compositions (Opfergelt
et al., 2017). These studies demonstrated that, in order to identify un-
derlying processes, one should isolate and pay close attention to the
smaller-sized fractions. Yet, little is known on redistribution of Fe iso-
topes among these fractions during sample storage and transport.
Therefore, care has to be taken to prevent, e.g., CO, degassing and
aeration when analyzing pH- and redox-sensitive water bodies. It
should also be acknowledged that the pool size of each size fraction is
different and thus the contribution of each size fraction to the bulk
water Fe isotope composition should be weighted.

5.3. Iron input from freshwaters to seawater

In one of the first studies, Fantle and DePaolo (2004) investigated
the Fe isotope composition of bulk waters, which deliver a large amount
of suspended sediments to the Pacific Ocean and subarctic seas. Rivers
with high particle loads contained Fe with an isotope composition si-
milar to that of the continental crust, while rivers with low particle
loads generally showed negative §°°Fe values.

In estuaries, about 90% of river-borne dissolved and colloidal Fe
(< 0.45 um) is precipitated due to flocculation (Boyle et al., 1977). The
flocculation process, however, produces minimal isotope fractionation
of the dissolved Fe (< 0.22um), suggesting that the isotope composi-
tion of the coastal oceanic dissolved Fe pool can represent that of the
riverine Fe (Escoube et al., 2009). On the other hand, studies show that
many rivers carry large amounts of SPM to the oceans with the Fe
isotope composition of the river water similar to that of the continental
crust (e.g. Fantle and DePaolo, 2004; Escoube et al., 2015; Poitrasson
et al., 2014). This particulate Fe pool becomes isotopically heavier upon
flocculation due to the mixing of river-borne particles, coagulated river
colloids and detrital Fe derived from coastal area (Escoube et al., 2009).

5.3.1. Arctic and subarctic river systems
Glacial meltwater runoff and iceberg calving are generally con-
sidered to be one of the main inputs of both dissolved Fe and particulate

Fe to oceans, and thus they receive particular attention for under-
standing oceanic productivity (Gerringa et al., 2012). However, ac-
cording to Zhang et al. (2015), > 80% of the dissolved Fe could be lost
during transport through the proglacial environment, so that with the
additional losses upon mixing of the fresh water with the saline water in
the estuary, < 2% of the dissolved Fe in the meltwater reached the
boreal estuary. The analyzed §°°Fe values in the river formed by the
meltwaters of cold-based glaciers were close to the continental crust
mean, indicating no significant Fe isotope fractionation during dis-
solution under the glacier before entering the river. The small amount
of Fe that finally entered the open ocean was considered to be truly
soluble and stable over days and weeks. Therefore, the data in this
study did not support the previous hypothesis of the glacial meltwater
being an important source to the oceanic dissolved Fe pool.

Compared with glacial meltwater, boreal forested riverine Fe was
found to be associated with larger concentrations of dissolved organic
matter owing to the input of groundwater- and/or soil water-derived
Fe. These riverine systems exhibited light Fe isotopic signatures
(Schroth et al., 2011). Similar as discussed for soils, the 8°°Fe values of
water bodies therefore changed with Fe speciation, here mostly in the
presence of organic complexes. With further evolution of glacial re-
cession and mass loss in the subarctic landscape, the contribution of the
boreal forested riverine Fe to the ocean may play an increasingly im-
portant role. Assuming a continued subarctic warming, such catch-
ments may eventually evolve to boreal forest-dominated areas and
cause a fundamental shift in the riverine Fe chemistry, where mostly Fe
(II1) (hydr)oxides in the form of Fe colloids and particles will then be
delivered to the ocean.

Large rivers, such as Ob’ and Lena (Escoube et al., 2015), which
discharge vast amounts of freshwaters into the Arctic Ocean, were
found to contain dissolved Fe (< 0.45pum) with limited isotope frac-
tionation (i.e. Fe isotope composition similar to that of the continental
crust). In contrast, organic-rich, small rivers were characterized with a
larger range in §°°Fe of the dissolved Fe. In particular, these small rivers
contained larger portions of smaller particle sized fractions enriched in
heavy Fe isotopes. As a result, in spite of lower discharges, smaller
rivers can contribute disproportional amounts of dissolved Fe with
strongly fractionated Fe isotopes of both isotopically light (dissolved,
organic complexed) and heavy Fe (bound to small particles) into the
Arctic Ocean (Escoube et al., 2015).

It is worth noting that there are also seasonal variations in Fe con-
centrations and Fe isotope compositions in river systems. In the Kalix
River in Northern Sweden, for instance, both the concentrations and
8°°Fe values of suspended matter (> 0.45um) decreased concurrently
upon flood events in May every year, but increased thereafter until the
next flood event (Ingri et al., 2006). The authors assigned variations in
both Fe concentration and isotope composition to temporal mixing of
different Fe species: i) detrital particles stemming from abrasive rock
erosion with low Fe concentration and 8°°Fe values close to zero, ii)
organically-complexed colloidal Fe (< 10kDa) with negative
8%°Fe values, and iii) Fe-oxyhydroxide particulate-colloidal matter
(> 10kDa) precipitated from inflowing anaerobic groundwater en-
riched in dissolved Fe(II). The authors argued that organically-com-
plexed colloids were less prone to precipitation in the estuary zone than
Fe-oxyhydroxides or detrital particles due to their lower specific den-
sity, i.e., the organically-complexed colloids might exhibit a more
conservative transport within the river mouth. Upon storm events and
spring snow melts, these organically-complexed colloids could thus be
flushed to the open ocean in substantial amounts (Ingri et al., 2006).

In a follow-up study, Ingri et al. (2018) partly identified the Fe
sources during winter base flow and spring flood by analyzing the Fe
isotopes of the Kalix River and a further long-term monitored forested
first-order stream in the same boreal landscape in Northern Sweden.
The bulk waters of both stream types had opposite 8§°°Fe values during
winter base flow, with the Kalix river having a heavy isotopic signature
around +0.5%o0 and the first-order stream having a light isotopic



signature around — 0.5%o. Sampling soil water from lysimeters installed
in the riparian zone of the first-order stream showed that the Fe input in
the first-order stream was mainly fed by a narrow dominant source
layer (DSL) responsible for most of the Fe export from the riparian zone.
This DSL was located close to the groundwater level and Fe transport
was mainly controlled by groundwater advection. The §°°Fe values
around the groundwater table showed a very steep gradient from
—0.1%0 (below) to +0.9%0 (above), which led to instantly changing
isotope signals when the water table rose. During spring flood in April/
May the 8°Fe values of the Kalix and the first-order stream transiently
decreased respectively to around —0.1%o. Relying on the results and
conclusions from Ilina et al. (2013), Ingri et al. (2018) hypothesized
that the dominating colloids in the dissolved fraction (< 0.22pum) of
the first-order stream changed throughout the sampling with large sized
mineral-rich colloids, with negative §°°Fe values, dominating the base
flow and large amounts of small sized organic-rich colloids, with po-
sitive 8°°Fe values, being flushed in during spring flood due to the
activation of the shallow organic-rich soil layers above the groundwater
table. Using the investigated forested first-order stream as a proxy for
similar forested headwater streams feeding the Kalix, the authors con-
cluded that, as spring snowmelt in the forests always preceded snow-
melt in the mountains, riparian soils as main Fe source of first-order
streams were the primary Fe source of the Kalix during spring flood.
During base flow, however, forest soils could be excluded as primary Fe
source for the Kalix River. This was consistent with low total organic
carbon (TOC) and Fey, ratios in the Kalix during base flow, indicating
Fe-oxyhydroxides as dominant phase, and high TOC/Fey,y ratios
during spring flood, suggesting Fe(II)(IlI)-organic carbon aggregates as
dominant phase.

Compiling the §°°Fe values from Arctic/subarctic rivers published
so far, Fig. 10 confirms that freshwater filtrates with elevated DOC
concentrations tend to have heavier Fe isotope compositions relative to
the continental crust, likely due to isotopically heavy Fe(III) linked with
organic ligands (Fe-O-C bonds). In contrast, filtrates with low DOC
concentrations preferably display a light Fe isotope composition (with
the exception of arctic filtrates < 100 kDa), reflecting the release of
light Fe isotopes during dissolution of Fe-bearing minerals.

5.3.2. The Amazon Basin
While arctic ecosystems usually comprise young soils, old land-
scapes frequently prevail in the tropical environment (see also Section
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Fig. 10. Iron isotope compositions in freshwater samples from Arctic/subarctic
areas grouped by size fractions, showing that Fe in rivers with higher DOC
contents is isotopically heavier than that in rivers with lower DOC contents. The
gray line at ~0.07% indicates the continental crust mean (Poitrasson, 2006).

3.1.2). The Amazon River basin is one of the most intensive weathering
systems in the world (Bergquist and Boyle, 2006), and one of the largest
freshwater and SPM inputs to oceans (Gaillardet et al., 1997; Meade
et al., 1985). Overall, the Amazon River delivers approximately 34 - 10°
tons of Fe to the Atlantic Ocean every year, with a bulk Fe isotope
composition similar to that of the continental crust mean (Poitrasson
et al., 2014).

The Amazon River receives discharges from two types of tributaries:
the white waters with large discharge and SPM loads (> 0.45 pm), such
as the Solimoes River and the Rio Madeira, and the black waters with
small discharge, low SPM load and high organic matter contents, like
the Negro River. These two chemically distinct tributary types also vary
in Fe species and isotope compositions. The Solimdes River contains
isotopically light Fe both in the dissolved (~5% of the Fe load) and the
particulate fractions, while the Negro River exhibited isotopically
heavier Fe in the dissolved fractions (~50% of the Fe load) mixed with
light particulate Fe fractions (Bergquist and Boyle, 2006). The overall
Fe load of the Amazon River is dominated by inputs from the Solimoes
River and similar to or slightly lighter in 8°°Fe than the continental
crust mean (Bergquist and Boyle, 2006; dos Santos Pinheiro et al.,
2013). Whether (Escoube et al., 2009) and to which degree (Bergquist
and Boyle, 2006) subsequent Fe isotope fractionations happen in the
estuary upon mixing with the riverine water, still warrants further
clarification for these tropical regions.

The total Fe concentrations in the Amazon River and its tributaries
reveal pronounced spatial and temporal variation. The spatial varia-
bility in Fe isotope composition of the SPM in these rivers, however,
was found to be relatively small and did not exceeded 0.1%o in §°°Fe,
indicating that mechanical weathering rather than chemical fractiona-
tion likely controlled Fe concentrations and isotope compositions (dos
Santos Pinheiro et al., 2013). In contrast, temporal variations in the
8%Fe of the SPM were found to be substantial, particularly in the Negro
River, where the most negative §°°Fe values occurred during the period
when the river experienced minimal precipitation (dos Santos Pinheiro
et al., 2014). This variation of Fe isotope compositions was attributed to
seasonal fluctuations of Fe inputs from the catchment soils that were
rich in organic matter.

Upon extreme weather events, as the centennial flood in May 2009
and the great drought in September to October 2010, the Amazon River
systems experienced drastic hydrological and physicochemical changes.
During the low water season, a tremendous Fe loss (~50%) was found
at the confluence of the tributaries to the Amazon River through floc-
culation and sedimentation, compared with 25% of Fe lost during the
high water period (Poitrasson et al., 2014). Nevertheless, Poitrasson
et al. (2014) found that in spite of the Fe loss and variation of water
properties, the Fe isotope compositions of the bulk waters (< 300 pm)
from the Amazon River and its tributaries were within a limited range
of + 0.2%o in 8°’Fe (~ + 0.13 in 8°°Fe) across both low and high
water periods, with the white waters displaying §°¢Fe of the continental
crust mean and the organic-rich black waters being slightly isotopically
light corresponding to an also light Fe in the sediment. Considering that
the absolute contribution of the (seasonally variable) Fe flux of black
water rivers to the Fe budget is small on the Amazon Basin scale, their
isotope influence on the Amazon River is negligible (Poitrasson et al.,
2014).

5.4. Riparian zones

In semi-terrestrial soils and riparian zones, i.e., soils in close contact
with freshwater systems, studying the changes in Fe isotope composi-
tions may potentially complement the understanding of processes that
are learned from the analyses of whole soil profiles. In a swamp zone of
a watershed in Cameroon, formed by an organic-rich stream and sur-
rounding Gleysols, the topsoil of the Gleysols was enriched in heavy Fe
isotopes, as a result of chemical weathering followed by lateral drai-
nage leading to the loss of light Fe isotopes (Akerman et al., 2014). The




lost Fe was oxidized and further complexed with soil organic matter
after humification, and then entered the stream water in the form of
soluble humic-Fe(Ill) complexes. Intriguingly, the light isotopic sig-
nature of the lost Fe from the soil profiles was not mirrored in the
stream waters. Instead, the dissolved Fe (< 0.22um) in the stream
water showed a heavy signature along the stream flow with the heaviest
being observed at the watershed's outlet, indicating a significant impact
of biological Fe recycling on stream water Fe isotope compositions.
Mass balance calculations of Fe contents on the watershed scale re-
vealed that the overall Fe loss from both lateritic uphill and the swamp
zone would have 8°°Fe values close to 0%o, in agreement with the
studies of larger tropic water systems (e.g. the Amazon Basin, see
above), delivering Fe to the ocean with isotopic signature indis-
tinguishable to the continental crust mean.

As discussed for the Amazon River, there may also be a pronounced
seasonal variation in §°°Fe values of riparian zones and corresponding
semi-terrestrial ecosystems. The Fe outflow from soils to neighboring
streams occurs as both dissolved and colloidal Fe, but mainly at high
groundwater level (e.g., after rainfall). At ascending groundwater level,
the Fe in soil solution was found to be mostly adsorbed on Fe oxide
surfaces or precipitated when encountering elevated redox potentials,
so that low concentrations of dissolved Fe with very low §°°Fe value
remained with limited Fe outflow (Schuth and Mansfeldt, 2016).

5.5. Peculiarities through anthropogenic impacts on Fe isotope compositions
in freshwaters

In contrast to pristine systems, freshwaters that are affected by
human activities are less studied regarding Fe cycling and Fe isotope
composition. These water systems may carry an anthropogenic surplus
flux of Fe or exhibit large redox variations and thus can have an impact
on the local Fe cycle.

Repeated precipitation/dissolution cycles induced by industrial ac-
tivities in a groundwater in Italy, for instance, resulted in large
variations of Fe isotope compositions, showing an extremely wide range
of 8°°Fe values from —5.29%o to +2.15%o for the dissolved Fe
(< 0.45um) of the low-salinity and brackish waters (Castorina et al.,
2013). By combining Fe and Zn isotopic studies, Chen et al. (2014)
demonstrated that the human-impacted Seine River carried a mixture of
dissolved Fe from both anthropogenic and natural sources with dif-
ferent isotope compositions. The dissolved Fe pool of natural origin was
mainly associated with organic colloids and enriched in heavy Fe iso-
topes, while anthropogenically derived dissolved Fe corresponded to
Fe-oxyhydroxide or sulfide colloids with a light Fe isotopic signature.
However, this isotopic difference was “diluted” in the bulk water by the
SPM fractions (> 0.2 um) which accounted for 99% of the total Fe
transport to the ocean and exhibited a similar isotope composition for
both Fe sources. Therefore, the Fe from anthropogenic sources in this
case could not be traced in the flush to the oceans. This study also
highlights the pool-size and reservoir effect on Fe isotope composition.

5.6. Case studies using 8°°Fe as proxy for Fe cycling in arsenic enriched
groundwater

Arsenic (As) is enriched in many groundwaters worldwide. As its
fate is closely linked to Fe cycling in the aquifers, several studies as-
sessed the Fe isotope composition to trace different biogeochemical
processes of Fe and As cycling in these groundwaters (Guo et al., 2013;
Xie et al., 2014; Wang et al., 2014). According to Guo et al. (2013), the
groundwaters of As-enriched shallow aquifers in Northern China were
isotopically light in dissolved Fe, while heavy Fe isotopes prevailed in
the sediments similar to the Fe isotope composition of the continental
crust. An exception was found at the oxic-anoxic interface, where ne-
gative §°°Fe values reflected the redox changes. In addition, the §°°Fe
values of the groundwaters showed a positive relationship to the As
concentration. The authors identified three pathways for Fe cycling in

shallow groundwater: i) dissimilatory reduction of Fe oxides, resulting
in light 8°°Fe values and elevated As concentration in groundwater
under anoxic conditions, ii) re-adsorption of Fe(Il) leading to further
enrichment of light Fe isotopes in the water under anoxic-suboxic
conditions, accompanied by As re-adsorption decreasing As con-
centration, and iii) precipitation of pyrite and siderite under strongly
reducing conditions, increasing groundwater 8°°Fe values, with a si-
multaneous decrease in As concentrations via co-precipitation.

These pathways were also identified to control Fe isotope compo-
sitions and As concentrations at different depths in a hyporheic zone of
the Datong basin in Northern China, where the Fe cycling in the upper
sections of the sediments and in the hyporheic zone was governed by
microbial dissimilatory reduction of Fe(IIl) oxides forming non-sulfidic
Fe(II) minerals, concurrent with a mobilization of As (Xie et al., 2014).
Apart from microbially mediated DIR, abiotic reduction of Fe(Ill) by
HS ™, adsorption of Fe(II) on Fe(II) sulfides precipitates, and/or S0,42~
reduction were considered to drive Fe isotope fractionation in the
middle section of the sediments. At the bottom, however, microbial
S0,42~ reduction was limited, and microbially mediated DIR de-
termined the 8°Fe values of both the water and the sediments.

In agreement with Guo et al. (2013) and Xie et al. (2014), Wang
et al. (2014) confirmed that the groundwaters with elevated As con-
centrations exhibited also higher 8°°Fe and 8%*Sgo4 values but lower
8'3C values. They came to the conclusion that microbial reduction of
amorphous Fe oxides alone could not explain As concentration in the
water that exceeded 50 ug L™ !. For such large As concentrations, ad-
ditional As release appeared to be also caused by microbial reduction of
Fe-sulfate (as a product of HS™ abiotic reduction of crystalline Fe
oxides) coupled to the oxidation of organic carbon and/or the forma-
tion of As—S components.

6. Conclusions and perspectives

The overall stock of Fe in soils and sediments is large, frequently in
the range of 30-150 tons per ha, but only small Fe fluxes up to a few kg
per ha are available, e.g., for plant uptake (Blume et al., 2016). Many
processes of the terrestrial Fe cycle in soils and freshwater systems are
accompanied by stable isotope fractionation. Seasonal variations in Fe
dynamics may thus affect the §°°Fe values of the aqueous phase in soil
solution, groundwater, lacustrine and riverine systems. In addition,
abundant microscale variations in Fe isotope composition exist between
aqueous phase and adjacent surfaces of colloids or larger particles, as
well as among different Fe species or minerals. Similarly, Fe isotope
compositions of unfiltered water samples did not register Fe biogeo-
chemical cycling in the water, but rather reflected the Fe isotopic sig-
natures from the river headwater terranes. However, dissolved Fe
fractions are usually isotopically lighter than particle-bound ones. Also
Fe uptake by and translocation within plants often show a light Fe
isotope signature in the plant compared with the growing media. In this
regard, it appears that most processes that are involved in Fe losses of
dissolved Fe mainly affect the light Fe isotopes. However, Fe losses in
form of nanoparticles may differ in isotope compositions, which still
warrants further attention.

Overall, processes involved in the terrestrial Fe cycle may result in
variation of §°°Fe values of up to ~4%o (Table 1). Across real ecosystem
compartments, the most extreme 8°°Fe values recorded so far have been
even as low as ~ —6%o, while the largest differences in 8§°°Fe values
was found for different sized colloids, followed by plants and Fe pools
in soils. Therefore, tracing Fe isotope ratios can provide a tool to po-
tentially identify the mechanisms by which Fe has been released into or
has accumulated within a given environmental compartment. The true
challenge, however, is to differentiate kinetic from equilibrium frac-
tionation processes, and to disentangle apparent fractionations when
several processes prevail at the same time. To do the latter, it is in-
evitable to i) maintain pH and redox potential after sampling until
processing, and ii) to extend stable &%°Fe analyses on the




spatiotemporal, microscale heterogeneity of different Fe pools and
bonding forms in the environment. This includes a tracing of fine Fe
colloids and nanoparticles in water bodies as well as their allocation
within larger soil and sediment particles.

Within a given terrestrial subsystem, elucidating Fe isotope fluxes
may help to trace the origin and turnover of Fe in soil and water bodies.
In soils, variations in Fe isotope signatures can potentially be used, for
instance, to differentiate the contribution of different pedogenic pro-
cesses to the overall Fe cycle, as advanced weathering with Fe loss can
result in slow enrichment of heavy Fe isotopes, while turbation pro-
cesses likely do not involve significant Fe fractionation. In sediments
and water bodies, Fe from riverbank erosion could retain the isotope
signature of the Fluvisols, while redox-mediated Fe release should alter
its isotope compositions in both dissolved and colloidal fractions. In
plants, §°°Fe values can provide a clue to assessing uptake mechanisms
and possibly even uptake depth, provided that the roots enter zones
with different natural §°°Fe values of the source materials, like Fe in
organic surface layers or deeper subsoils.

Future work is now needed to link changes in Fe isotope signatures
quantitatively to different Fe fluxes, to combine Fe isotope tracing with
biogeochemical modelling in order to disentangle complex interactions
of various processes within the studied systems, as well as to under-
stand the range of Fe isotope fractionation for a given process under
variable environmental conditions (e.g., across different climates and
thus different degree of soil weathering), or within given environmental
compartments, such as plants. However, particularly when linked with
other stable isotope tracing of related element cycles in environment, as
performed, for instance, for S in aquifers, and when linking temporal
variations in 8°°Fe signatures with spatial variations in Fe pools, using
stable Fe isotopes will continue to provide very valuable information to
detangle the complexity of Fe cycling in terrestrial ecosystems.
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